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Seismic wave velocity investigation at The Geysers-Clear Lake 
geothermal field, California 

Harsh K. Gupta*, RonaW W. WarcJ*, ancJ Tzeu-Lie Lin* 

ABSTRACT 

Analysis of P- and S-waves from shallow microearth
quakes in the vicinity of The Geysers geothermal area, 
Caiifomia, recorded by a dense, telemetered seismic array 
operated by the U.S. Ceological Survey (USGS) shows 
that these phases are easily recognized and traced on record 
sections to distances of 80 km. Regional average velocities 
for the upper crust are estimated lo be 5.49 ± 0.07 and 
2.98 ± 0.07 km/sec for P- and S-waves, respeclively. 
Poisson's ratio is estimated at 23 localions using Wadati 
diagrams and is found to vary from 0.13 lo 0.32. In gen
eral, the Poisson's ratio is found to be lower al the locations 
close to the steam produclion zones at The Geysers and 
Clear Lake volcanic field to the northeasi. The low Poisson 
ratio corresponds to a decrease in P-wave velocity in areas 
of high heal flow. The decrease may be caused by fractur
ing of the rock and saturation with gas or steam. 

INTRODUCTION 

The Geysers geothermal area, with current production of 
950 MW, is the largest geolhermal power producing installation 
in the world. It is located in northem Caiifomia in the vicinity of 
the Clear Lake volcanic sysiem where igneous activity is believed 
to have occurred in the recent past (Donnelly et al, 1977). The 
earliest microearthquake investigations at The Geysers geothermal 
area were carried oul by Hamilton and Muffler (1972). They 
located 53 microearthquakes within 10 km of The Geysers during 
a three-week period of operation of eight seismograph stations. 
Most of these earthquakes were located in a 4-km lorig and 1-km 
wide zone passing through the geothermal field with the focal 
depth varying from near-surface to 4 km. Marks et al (1978), using 
the USGS seismic array, identified two clusters of microearth
quakes probably related to two independent pressure sinks result
ing from steam produclion. They found that the earthquakes at 
The Geysers are confined to deplhs of less than 5 km, whereas 
earthquakes along Rodgers Creek and Mayacama faults south 
and west of The Geysers occur al depths greater than 5 km. In 
another, more recent seismic sludy, Bufe et al (1980) deduced 
icctonic suess orientation and the deep pattern of faulting. From 
the spatial distribution of earthquakes and their coniinuous 

occurrence in The Geysers in contrast to their episodic occurrence 
outside the produclion zone, Bufe et al (1980) strongly suggest 
lhat The Geysers's seismicity is induced. These observations are 
consistent with the surface deformation (Lofgren, 1978) and 
temporal changes in graviiy (Isherwood, 1980) reported for Ihe 
region. 

Iyer el al (1979), on the basis of teleseismic delays, inferred 
molten rocks beneath Mount Hannah and a highly fractured 
sleam reservoir beneath The Geysers. Ward and Young (1980) 
and Young and Ward (1981) obtained a two-dimensional (2-D) Q 
model of The Geysers-Clear Lake geolhermal area using attenua
tion data of teleseismic events. They found a zone of high attenua
tion located in the middle crusl centered southeast of Mount 
Hannah. Majer and McEvilly (1979) obtained a regional upper 
cmstal P-wave traveltime curve extending to a disiance of 45 km 
usirig dala recorded from two explosions at several seismic sta
tions operating in the vicinity of The Geysers-Clear Lake geo
thermal field. However, no S-wave velocity sUucture has been 
determined for the region. Wc repwrt here our results of P- and 
S-wave velocity structure and estimation of Ihe Poisson ralio 
using microearthquake dala recorded by Ihe USGS seismic 
siations. 

THE DATA 

The seismic stations and microearthquakes used in the present 
study arc Usted in Tables 1 and 2, respectively, and shown in 
Figure 1. The earthquake magnitude threshold for obtaining a 
hyjxicenter is approximately M = 1.2, and Ihe location error for a 
blast fired soulh of plant no. 12 was only 200 m (Marks et al, 
1978). Figure 2 shows a seismogram record section arranged at 
increasing epicentral distances from lop lo bottom for event no. 5. 
Figure 3, a segment of record section for event no. 6, shows 
S-phases. 

Identification of S-phases on the vertical component instru
ments requires considerable care lo make reliable picks. It is only 
possible by using dense array data and picking the clear S-phase 
arrivals on the best seismograms. ll is then possible lo correlate 
this arrival wilh Ihose al olher stations. The change in amplitude 
and/or frequency of Ihe arrival aids in making a positive identifi
cation. The consistency of these picks for events with nearby 
hypocenters further supports Ihis approach. 
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Station 

1 
2 
3 
4 
5 
6 
7 
8 
9 

10 
I I 
12 
13 
14 
15 
16 
17 
18 
19 
20 
21 
22 
23 
24 
25 
26 
27 
28 
29 
30 
31 
32 
33 
34 
35 
36 
37 
38 
39 
40 
41 
42 
43 

GCM 
GSS 
GCV 
GDC 
GML 
GMO 
GHC 
CSM 
GGP 
GHL 
GGL 
GPM 
GBG 
GMK 
GSN 
GHG 
GAX 
CRT 
GBG 
GRM 
GSG 
GAF 
NBR 
NMW 
NWR 
NTM 
NCF 
NLN 
NSH 
NSP 
NNX 
NHM 

• NCD 
CDU 
NGV 
CBW 
CAC 
NFR 
NHB 
NMH 
NMT 
CRA 
CNC 

Name 

Cobb Mountain 
Skagg Springs 
Cloverdale 
Dry Creek 
McLaughlin Ranch 
Mofl i l l Ranch 

' House Creek 
Socrates Mine 
Geyser Park 
Highland Springs 
Glenview 
Pine Mountains 
Black 0-ak 
M l . Konoctii 
Snow Mountain 
Hog Mountain 
Alexander Valley 
Round Top Mountain 
Boggs 
Round Mountain 
Seigler Mountain 
Pt. Arens A .F .B . 
Beebe Ranch 
Mi Wuk Village 
Wright Ranch 
Taylor Mountain 
Cornfield Road 
Lincoln School 
St. Helena Road 
Sears Point 
Mix Canyon 
Hamilton Ranch 
Cavedale Road 
Duarte Ranch 
Green Valley Ranch 
Brookwood Road 
Antioch 
Fort Ross 
Healdsburg 
Mt. St. Helens 
Middletown 
San Ramon 
Norris Canyon Road 

Gupta 
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parameters. 

Laiiliide 

Degrees 

Nt 
38 
38 
38 
38 
38 
38 
38 
38 
38 
39 
38 
38 
38 
38 
38 
39 
38 
38 
38 
39 
38 
38 
38 
38 
38 
38 
38 
38 
38 
38 
38 
38 
38 
38 
38 
37 
37 
38 
38 
38 
38 
37 
37 

Minutes 

rth 
48.45 

- 42.12 
' 46.14 • 

46.03 
47.56 
42.61 
36.36 
46.15 
45.88 

2.43 
.'i3.80 
50.85 
49.60 
58.17 
56.43 

7.70 
42.65 
56.32 
48.84 

1.23 
52.30 
53.59 
15.65 
33.03 
27.42 
23.15 
19.28 
9.15 

31.20 
10.96 
24.60 
9.28 

22.19 
1.78 

16.84 
55.45 
58.57 
31.36 
35.36 
40.17 
48.34 
46.03 
45.36 

1.. 

Degree 

122 
123 
123 
123 
123 
123 
123 
122 
122 
123 
122 
122 
122 
122 
123 
122 
122 
122 
122 
122 
122 
123 
122 
122 
122 
122 
122 
122 
122 
122 
122 
121 
122 
122 
122 
122 
121 
123 
122 
122 
122 
121 
121 

ingiludc 

s Minutes 

West 
45.31 

.81 

.89 
14.31 
7.80 
8.59 

11.81 
46.87 
50.65 

1.12 
46.58 
56.78 
50.57 
47.22 
11,50 
49.47 
45.30 
40.18 
40.76 
35.06 
42.58 
32.28 
32.99 
43.37 
53.26 
40.83 
47.73 
42.75 
36.43 
27.20 
3.44 

48.02 
27.70 

.05 
12.89 
6.40 

45.62 
9.66 

54.54 
37.93 
26.76 
55.25 
59.40 

Elevaiion (m) 

1286 
282 
150 
772 
428 
802 
518 

1017 
1054 
956 
893 
783 
879 
906 
870 
903 
379 
619 

1125 
783 

1080 
710 
137 
134 
50 

105 
98 

120 
328 

88 
177 
65 

620 
168 
257 
221 
74 

.528 
165 

I3II 
422 
171 
306 

Table 2. Events used in study. 

Event 
no. 

1 
2 
3 
4 
5 
6 
8 
9 

II 
12 
13 
14 
15 
16 

Origin 
date 

(YYMMDD) 
750701 
750912 
770208 
770303 
770309 
770521 
770817 
770831 
770916 
770918 
770918 
770920 
770923 
771012 

Time 

1444 
1833 
1919 
0153 
1400 
2252 
0337 
0240 
1053 
0044 
0242 
Olio 
1400 
ISOI 

Epicenter 

Latitude 

NORTH 
38°4l.0O' 
38°43.80' 
38"'56.82' 
38''42.07' 
38°47.39' 
38°45.84' 
38°47.68' 
38"'40.87' 
38°39.92' 
38-39.85' 
38''40.00' 
38°47.02' 
38°39.76' 
38°40.60' 

Longitude 

EAST 
122-48.80' 
I22°39.00' 
122-35.35' 
122-55.40' 
122-58.38' 
122-56.56' 
122-39.00' 
122-54.15' 
122-46.32' 
122-46.30' 
122-46.23' 
122-37.85' 
122-46.27' 
122-46.25' 

Focal depth 
(km) 

6.8 
5.0 
4.87 
5.23 
5.3 
5.92 
7.72 
6.06 
5.44 
5.29 
5.24 
7.88 
5.50 
5.18 

Magnitude 

l.l 
l.l 
1.12 
1.27 
1.40 
0.86 
1.05 
1.20 
1.31 
1.00 
1.17 
1.46 
1.24 
1.44 

1 
1 
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FIG. I. Map of seismic siations and epicenters used in this sludy. 
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FIG. 2. Typical seismogram record section versus disiance for event no. 5. 
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DISTANCE IN KM 

FIG. 3. Segment of seismogram record section versus distance for 
event no. 6 showing Ihe clarity of the S-wave arrival. 

REGIONAL P- AND S-WAVE VELOCITIES 

As may be noted from Table 1, seismic stations used in Ihe 
present study have a considerable variation in their elevations. 
The highest station NMH (Mount St. Helen) has an elevation of 
1311 m, while the lowest slalion NWR (Wright Ranch) has an 
elevaiion of 50 m. Majer and McEvilly (1979) correcled P-wave 
traveltimes to various stations for elevaiion wilh respect to a 
reference station using 4.0 km/sec velocity. We investigated the 
effect of using various velocities for elevation correclion of both 
P- and S-wave traveltimes. After a linear leasl-squares fil of the 
traveltime residuals, we found that Ihe besl results (lowest Uavel-
time residuals) were obtained when no elevaiion correclion was 
applied. Bufe (personal communication) reached a similar con
clusion. Figures 4 and 5 sh'ow P- and S-wave uaveltimes versus 
distance plots for all the events. Most of Ihe data for P-waves 

(159 out ofa total population of 166) and all Ihe data for S-wavcs 
lie in the epicentral distance range of 6 to 45 km. The average 
velocities for P- and S-wavcs, obtained by linear least-squares 
(it (with focal depth consideration in epicentral distance calcula
tions) are 5.49 ± 0.07 and 2.98 ± 0.07 km/sec, respectively. 
Majer and McEvilly's (1979) regional traveltime plol shows a 
break at about 15 km. We divided our traveltime dala into two 
groups, i.e., for epicentral distances less than 15 km and greaier 
than 15 km. Linear leasl-squares fils were made lo Ihese two sets 
of data. As can be noted in Table 3, for epicentral distances 
greater than 15 km, the errors are less than 0.10 and 0.12 km/sei: 
for P- and S-waves, respectively. The large slandard deviations 
of Ihe Velocity estimates for distances less Ihan 15 km indicate 
lateral heterogeneity at shallow depths. 

POISSON'S RATIO 

Poisson's ralio has been estimated al a few geothermal areas. 
Combs and Rotstein (1976) estimated a low Poisson's ratio of 
0.16 al the Coso Geolhermal area, China Lake, Califoi-nia, and 
inferred that the shallow subsurface is either deficient in liquid 
water saturation or, more likely, the void spaces are filled with 
sleam. Gupta and Nyman (1977) estimated Poisson's ratio al the 
East Mesa geothermal field, Caiifomia. Majer and McEvilly 
(1979) reported Poissoii's ratio at four seismic slalions in The 
Geysers area varying from 0.15 lo 0.27. 

In this study, Poisson's ratio was estimated for a number of 
seismic stations using multiple events as well as at a number df 
hypocenters using multiple seismic slalion dala. The technique 
used is the construction of a Wadati diagram of S-P traveltimes 
with P-wave traveltime (e.g., Majer and McEvilly, 1979). In 
Figure 6, S-P intervals are plolted against P-wave traveltime for 
event no. 5. A straight line is fitted to the data, minimizing the 
square error. The slope of the line K - 1 where K = Vp/V, 
gives Poisson's ratio u by 
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FlG. 4. P-wave traveltime versus epicentral disiance for all events. FlG. 5. S-wave traveltime versus epicentral distance for all events. 
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Table 3. Eslimalcs of P- and S-wave velocities al The Gcy.sers-CTear 
Lake geothermal (ield. 

/'-wave velocities 
(km/sec) 

Total 

5.4945 ± 0.0718 

A < 15 km 

5.2509 ± 0.4665 

li > 15 km 

5.5894 ± 0.0973 

Total 

2.9867 ± 0.0719 

5-wave velocities 
(km/sec) 

A < 15 km 

3.1542 ±0.3392 

A > 15 km 

2.9648 + 0.1149 

Note; The entire data set and subsets of epicentral distances of < 15 km 
and >15 km were used. 

Table 4. PoLvson's ratio at various locations at The Gey.sers 
(Figure 7). 

Location 

GSM 
GBG 
GSG 
GBO 
GCM 
GGP 
GAX 
CSS 
GPM 
GML 
NMH 
NMT 

Poisson's ralio 

0.17 (O. l l ) 
0.13 (0.32) 
0.13 (0.63) 
0.15 (0.68) 
0.16 (0.25) 
0.27 ( -0 .1) 
0.27 (-0.04) 
0.32 ( -0,04) 
0.29(0.12) 
0.32 
0.30 (-0.003) 
0.22(0.12) 

Location 

NSH 
NMW 
NHB 

no. 4 
no. 5 
no. 6 
no. 9 

no. 11 
no. 12 
no. 13 
no. 14 
no. 15 
no. 16 

Poisson's ralio 

0.123 (-0.06) 
0.32 (0.00) 
0.28 (-0.06) 
0.22 
0.30 
0.24 
0.27 
0.20 
0.28 
0.26 
0.26 
0.32 
0.28 

• » • 

Note: The values within parentheses are average traveltime residuals cal
culated by Iyer et al (1979). 

1{K^ - 1) 

From Figure 6, K is found to be 1.8685, and Poisson's ratio is 
estimated lo be 0.29 from 19 samples, wilh a goodness of fit of 
0.947 and correlation coefficient of 0.973. Poisson's ralio is also 
estimated using fhe slope of a linear leasl-squares error fil of 
P- and S-wave uaveliime data. Our results are given in Table 4, 
and the locations of Poisson's ratio estimates are shown in Fig
ure 7. In general, Poisson's ratio is found lo be lower al the 
localions close lo the sleam produclion zones at The Geysers 
and beneath Ihe Clear Lake volcanic field to the northeast. Spe
cifically, the Mercuryville fault separates the zone of low Poisson's 

ralio to the northeast side from the normal zone on the southwest 
side of Ihe fauh. 

CONCLUSIONS 

Several interesting and important features of P- and S-wave 
traveltimes in the vicinity of The Geysers are presenled here. The 
regional P-wave velocity reported here (5.49 ± 0.07 km/sec) 
is higher than 5.04 km/sec reported by Majer and McEvilly 
(1979). The S-wave velocity for the region, reported for the 
firsl lime, is 2.98 ± 0.07 km/sec. We used a set of well-
distributed earthquakes for these velocity estimates. Poisson's 
ratios were estimated at 23 locations and found to vary from 
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FIG. 6. Wadati diagram of S-P Uaveltime difference versus P-wave 
traveltime for event no. 5. 

FIG. 7. Map showing Poisson's ralio estimates al seismic stations 
and epicenters in The Geysers-Clear Lake region. 
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0.13 to 0.32. Poisson's ratios at locations GBO. GSM, GCM, 
GSG, and GBG arc low (less than 0.2), while at other localions 
they are normal (larger than 0.2). The low Poisson's ratios 
appear to be associated with zones of steam production. The 
Mercuryville faull appears to limit the boundary of the- sleam 
reservoir on Ihe southwest. It is interesting lo note Ihal seismic 
siations having low Poisson's ratio are associated, in general, 
with large teleseismic P-wave delays, as reported by Iyer el al 
(1979), while slalions wilh normal Poisson's ratios do not show 
significant delays (Table 4). This implies lhat a local decrease 
in P-velocily is probably responsible for Ihe observed decrease 
in the Poisson's ralio. 

A decrease in P-wave velocity with constant S-wave velocity 
results from a change in Ihe compressibility of the rock. Intense 
fracturing of the uppet crust in areas of high heat flow is a 
plausible explanation based upon analysis of these data. The 
recording of three-component, more densely spaced arrays may 
corroborate this preliminary interpretation of the variation of 
Poisson's ratio. 
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Microseisms in geothemial exploration—studies in Grass 
Valley, Nevada 

Alfred L. Liaw* and T. V. McEvillyt 

Frequency(/)-wavenumber(it) spectra of seisriiic noise in the bands 1 ^ / ^ 10 Hi. in frecjuency and 
1̂1 s 35.7 cycles/km in wavenumber, measured at several places in Grass Valley, Nevada, exhibit numerous 
features which can be correlated with variations in surface geology and sources associated with hot spHng 
activity. Exploration techniques for geothermal reservoirs, based upon the spatial distribution ofthe amplitude 
and frequency characteristics of short-period seismic noise, are applied and evaluated in a field program at 
this potential geothermal areai. 

A detailed investigation of the spatial and temporal characteristics of the noise field was made to' guide 
subsequent data acqiiisition and processing. Contoiif maps of normalized noise level derived froni jiidiciously 
sampled data are dominated by the hot spring noise source and the generally high noise levels outlining the 
regions of thick alluvium. Major faults are evident wh6n they produce a shallow lateral contrast in rock prop
erties. Conventional seismic noise mapping techniques cannot differentiate noise anomalies diie to buried 
seismic sources from those due to shallow geologic effects. The noise radiating from a deep reservoir ought 
to be evident as body waves of high-phase velocity with time-invariant source azimuth. A small two-
dimensional (2-D) array was placed at 16 locations in the region to map propagation parameters. Thef^k spectra 
reveal shallow local sources, but no evidence for a significant body wave component in the noise field was 
found. 

With proper data sampling, array processing provides a powerful method for mapping the horizontal com
ponent of the vector wavenumber of the noise field. This information, along with the accurate velocity struc
ture, will allow ray tracing to locate a source region of radiating microseisms. In Grass Valley, and probably 
ih most areas of sedimentary cover, the 2-10 Hz-microseismic field is predominantly fundamental-rnode 
Rayleigh waves controlled by the very shallow structure. 

w 

IfJTRODUCTION 

Two niethods have been proposed to utilize micro
seisms for delineating geothennal. reservoirs. Th^ 
first is based on the speculation that hydrothermal 
processes deep in the reservoir radiate seismic wave 
energy in the frequency band 1 to 100 Hz. If this 
phenomenon exists, the exploration method becomes 
a rather straightforward '.'listening" survey, using 
stations on a 0.5- to 2-km grid. Contours df noise 

power on the surface should delineate hoise sources. 
This is the "standard" noise survey used widely in 
geothermal exploration. A second approach interprets 
the noise field as propagating elastic waves of appro
priate type, e.g., fundamental-mode Rayleigh waves, 
and inverts their propagation characteristics to obtain 
the distribution of medium properties, i.e., velocity 
and attenuation, both laterally and vertically. The 
propagation parameters of ambient microseisms 
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so measured will also locate distinctive radiation 
.sources. With sufficient knowledge ofthe wave nature 
ofthe microseisms and a reasonably accurate velocity-
depth model, a fixed nonaliased array can be used 
in a beam-steering mode to define the source region 
of radiated noise. Both approaches, as used in typical 
surveys, suffer greatly when data are contaminated 
by nongeothermal seismic noise, by interfering 
seismic wave trains, or. by improper temporal and 
spatial data sampling. These pervasive problems have 
combined to render noise analysis at best a qualitative 
geophysical method and have substantially limited 
the acceptance of the seismic noise survey as an in
tegral element in geothermal exploration. 

This study attempts to avoid such problems through 
careful analysis of microseismic data in an evaluation 
ofthe feasibility of ground noise studies in geothermal 
site delineation. We report a series of investigations 
undertaken near Leach Hot Springs in Grass Valley, 
within the region of generally high heat flow in north
em Nevada. We first quantify the spatial and temporal 
variations of ground noise in the region and find that 
the seismic noise spectrum is strongly affected by 
near-surface sedimentary layers at the recording site. 
In fact, with broadband seismic sensors in a mapping 
technique using amplitudes and frequencies, one can 
outline lateral variations in alluvial thickness. This 
standard mapping technique cannot differentiate noise 
enhancement due to shallow structure from noise 
enhancement due to a buried seismic source. On the 
other hand, we find that the mapping of wave propa
gation parameters provides additional information 
about the noise field. However, the successful appli
cation of this technique requires some understanding 
ofthe wave nature of microseisms. We used multiple-
sensor arrays to study the seismic coherency as a 
function of frequency and spatial separation. Based 
on this information, an array was designed to record 
propagating microseismic data. The array data were 
processed by tratii the frequency domain beam-
forming method (BFM) and the maximum-likelihood 
method (MLM)! From the dispersion curves obtained 
in the array study, it was verified that the seismic 
noise ' consists primarily of fundamental-mode 
Rayleigh waves. 

This paper consists of several sections describing 
the "methodology, the area studied, the data, its inter
pretation, and recommendations. This study together 
with other detailed geologic, geochemical, and geo
physical studies carried out in the area provide all 
the ingredients, except the test wells, for a complete 
case history on a geothermal prospect. 

GEOTHERMAL GROUND NOISE 

Clacy (1968) first suggested that seismic noise in
creased near geothermal reservoirs. His first results 
northeast of Lake Taupo, New Zealand, were based 
on contours of total noise amplitude in the frequency 
band of I to 20 Hz. In subsequent surveys at Wairakei, 
Waiotapu, and Broadlands geothermal areas, he 
found that the local noise amplitude anomalies were 
characterized by a dominant frequency of 2 Hz, 
whereas, away from the area of the anomaly, fre
quencies higher than 3 Hz predominated. On the 
other hand, Whiteford (1970) found in repeat surveys 
of the same areas that neither the shape of the fre
quency spectrum nor its dominant frequency con
formed to any regional pattem. Whiteford measured 
the absolute ground motion in the Waiotapu geo
thermal area and found that, within a distance of 1 to 
2 km ofthe high heat flow area, the average minimum 
ground particle velocity was greater than 150 x 
I0~^ m/sec, while farther away the amplitude of the 
ground movement decreased by a factor, of about 3 
and, in addition, exhibited pronounced diumal 
variations. 

In the United States, a similar survey was first 
carried out southeast of the Salton Sea by Goforth 
et al (1972) who suggested for geothermal reservoirs 
an empirical relationship between high-temperature 
gradient and high seismic noise level. Their results 
showed a significant increase in the noise power in 
the frequency band of 1 to 3 Hz at sites above the 
reservoir. They estimated the power spectmm at each 
site from ten 200-sec data segments taken over eight 
hours of nighttime recording. The contour map of 
the total power in the frequency band of 1 to 3 Hz 
was similar to the tejnperature gradient contour map. 
Douze and Sorrells (1972) conducted a similar survey 
over the nearby East Mesa area, where they found 
that the total seismic power in the 3 to 5 Hz band 
exhibited spatial variations similar, in general, to 
gravity and heat flow fields. East Mesa was later 
surveyed by Iyer (1974) with significantly different 
results. Iyer measured seismic noise by averaging 20 
of the lowest values of the root-mean-square (rms) 
amplitude in several narrow frequency bands, using 

^data blocks of 81.92 sec selected from four hours of 
digital data. He did not find an anomaly in seismic 
noise associated with geothermal activity but only the 
noise from canals and freeway traffic. 

The seismic pulsation associated with several 
geysers in Yellowstone National Park is believed to 
be indicative of the heating of water in the under
ground reservoir and the eruption triggered by the 
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superheated system. Nicholls and Rinehart (1967) 
have .studied the .seismic signature of .several geysers 
in the park and inferred that their predominant pulse 
frequencies are quite similar, in the range of 20-60 
Hz, presumably due to steam action. Tlie very low-
frequency seismic pulses recorded at Old Faithful, 
Castle, Bead, Plume, and Jewel geysers are believed 
to be associated with some type of water movement. 
The maximum amplitude of seismic pulses recorded 
in Yellowstone Park is 5.08 x IO"'' m/sec. At Old 

Faithful Geyser, the maximum amplitude is 2.54 x 
10--'̂  m/sec at 30-50 Hz. 

Iyer and Hitchcock (1974) also found good corre
lation between geothermal activity and high seismic 
noi.se levels in the I to 26 Hz range in the Park. The 
ground noise level in nongeothermal areas of the 
Park is approximately 13 to 15 x 10"® m/sec at 1 to 
26 Hz. In the Lower and Upper Geyser Basins where 
there are numerous geysers and hot springs, the 
average noise level is in general higher than 50 x 
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10"^ m/sec and reaches a value of 672 x 10~® m/sec 
near Old Faithful. In the Norris Basin, another highly 
active geyser basin in the Park, the noise level varies 
from 50 to 500 x 10~* m/sec. Part of the observed 
noise in the Lower, Upper, and Norris Geyser Basins 
is no doubt generated by the hydrothermal activity 
at the surface. The measurements near Old Faithful 
indicate that high-frequency noise, in the 8 to 16 Hz 
band, is generated during geyser eruptions; the noise 
level of lower frequencies is not affected by the 
eruption cycles. Noise levels around Mammoth Hot 
Springs are two to five times higher than in the sur
rounding area. There is no geyser or fumarole here, 
and the geothermal water is relatively cooler than at 
Norris and the other geyser basins. Hence, it is very 
unlikely that the seismic noise observed here is 
generated near the surface. The noise anomaly ob
served in the area between Lower Falls and Mud 
Volcano could be caused by ground amplification 
effects in the soft sedimentary deposits. 

Correlations have also been reported between geo
thermal activity and high seismic ground noise in the 
Vulcano Islands, Italy (Luongo and Rapolla, 1973), 
the Coso geothermal area, China Lake, Caiifomia 
(Combs and Rotstein, 1975), and Long Valley, 
Caiifomia (Iyer and Hitchcock, 1976). High-
frequency noise ( / > 8 Hz) in the vicinity of geysers, 
fumaroles, and hot springs is associated with hydro-
thermal activity near the surface and during the geyser 
emption. Low-frequency noise ( / < 8 Hz) is not 
affected by geyser emption cycles and is probably 
generated at depth. 

It is evident that a noise power anomaly may result 
not only from an active seismic source, but also from 
lateral variation in near-surface velocity, particularly 
where low-velocity alluvium is- învolved. In order 
to identify a buried radiating source, the direction of 
propagation and the apparent phase velocity of the 
coherent noise field must be utilized. Whiteford 
(1975) successfully located the noise source in the 
Wairakei area using tripartite geophone array mea
surements. Iyer and Hitchcock (1976) used an L-
shaped array with 106-m geophone spacing in Long 
Valley and found that propagation azimuths for the 
high-velocity waves defined the area of surface geo
thermal phenomena, but they found that random 
directions of propagation were characteristic of low-
velocity waves. 

Azimuth and apparent velocity measurements are 
complicated for microseisms because of multipath 
arrivals and nonstationary characteristics. In addition, 

very short wavelengths (10-20 m) can characterize 
the noise field in areas of low-velocity surface 
materials, and these are often aliased to lower wave-
number (longer wavelengths, higher velocities) and 
misinterpreted if array geophone spacing is too large. 

MICROSEISMS 

The study of microseisms, or earth noise, has been 
directed primarily toward frequencies less than 0.5 
Hz, where the source is either ocean waves associated 
with storms (Longuet-Higgins, 1950; Gutenberg, 
1958; Oliver, 1962; Oliver and Ewing, 1957; Oliver 
and Page, 1963; Haubrich and Mackenzie, 1965; 
Haubrich and McCamy, 1969; Fix, 1972) or atmo
spheric disturbances (Sorrells et al, 1971; Savino et al, 
1972). Background microseism spectra for the range 
0.02 to I Hz are characterized by two maxima at 
frequencies near 0.071 and 0.143 Hz (periods of 
14 and 7 sec), both apparently due to coastal storm 
effects. In the period range beyond about 3 sec, local 
atmospheric pressure changes contribute primarily 
to the microseisms observed. 

High-frequency microseisms ( /> 0 .5 Hz) ob
served away from the coast are generated locally by 
cultural activity, traffic, wind, rivers (Wilson, 1953; 
Robertson, 1965; Iyer and Hitchcock, 1974), by 
geothermal processes, and by distant sources (Lacoss 
et al, 1969). Noise observed at the ground surface 
usually consists principally of fundamental-mode 
Rayleigh waves.. At depths where the fundamental 
mode has decreased to negligible amplitude, the 
noise consists of Rayleigh modes of order higher 
than third, or of body waves (Douze, 1967). Sharp 
spectral peaks and troughs can be related to shallow 
geologic stmcture. Low-velocity alluvium or wea
thering can produce a significant amplitude increase, 
of seismic noise over that observed at a bedrock site. 
Thus, the shallow section can provide a waveguide 
for microseisms at particular frequencies (Kanai 
andTanaka, 1961; Sax and Hartenberger, 1965; Katz, 
1976; Iyer and Hitchcock, 1976). Certain sources of 
microseisms, such as waterfalls or pipelines, can 
produce narrow-band radiation. Near the Owens 
River at Long Valley, Caiifomia, Iyer and Hitchcock 
(1976) report that the flowing river generates noise 
at frequencies above 6 Hz, attenuated by about 12 dB 
at 1 km from the river. At East Mesa, Caiifomia, the 
canals seem to be continuous wide-band sources of 
seismic noise which drops off rapidly with distance, 
reaching a fairly steady level at 3 km. At the j>ower 
drops (small waterfalls) along the canal, however, 
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intense noise is seen in a narrow frequency band 
around 2.5 Hz (Iyer, 1974). 

AREA OF STUDY 

Leach Hot Springs in Grass Valley, Nevada is 
located 30 km south of Winnemucca (Figure I). 
Grass Valley is a typical valley ofthe Basin and Range 
province with normal faulting, major earthquakes, 

and hot springs occurring along the valley margins. 
The valley is bounded-by the Sonoma and Tobin 
Ranges to the east and the basalt-capped East Range 
to the west. The valley narrows south of the hot 
springs as it approaches the Goldbanks Hills (Figure 
2). These ranges are composed of Paleozoic sedi
mentary rocks or Triassic siliceous clastic and car
bonate rocks. Some granitic intrusions, probably of 
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Triassic origin, have offset rock units of several tens 
to several hundreds of meters measured vertically. 
As shown on the fault and lineament map (Figure 2), 
the present day hot springs occur at the intersection 
of a major northeast-trending fault and the more 
common north-northwest/south-southeast trending 
lineament on the eastem side of the valley. 

Leach Hot Springs is within the. high heat flow 
area of northem Nevada indicated in Figure I. This 
high heat flow area is often called the "Battle Moun
tain high" (Sass et al, 1971) and exhibits heat flow 
values in the range of 1.5 to 3.5 HFU (1 HFU = 10 
cal/m^ sec). The diffuse region of elevated heat flow 
over the Basin and Range province is generally 
thought to be an expression of high temperature in 
the lower cmst and upper mantle, and it seems rea
sonable to interpret the localized Battle Mountain 
high as an effect of fairly recent intmsion of magma 
into the earth's cmst. Quatemary volcanism within 
the province supports this hypothesis. 

Geophysical data were obtained primarily along 
17 survey lines, although not all methods were 
employed on every line. Line E (Figure 2) is typical. 
Bouguer gravity anomaly, P-wave delay data, and 
seismic reflection data, presented in Figure 3 for 
line E, indicate that the greatest thickness of sedi
ments and major faulting occur near the eastem 
valley margin. The major lithologic units from the 
seismic reflection section are Quatemary alluvium 
(1.8 km/sec). Tertiary sedimentary and volcanic 
rocks (2.9 km/sec), Paleozoic rocks (4.0 km/sec), 
and deep basement (5.0 km/sec), respectively. The 
basement surface rises gently to the west but is ap
parently upthrown at the eastem boundary faults. 

A low apparent resistivity zone beneath 2W-4W 
on Line E (Figure 2) (Beyer et al, 1976), found in 
the. dipole-dipole resistivity survey, has been iden
tified with Tertiary sediments. Since the heat flow 
value in this zone is not high by Battle Mountain 
standards (2.24 HFU), the accumulation of con
ductive sediments, such as ancient playa deposits in 
the deepest portion of the valley, is probably re
sponsible for the resistivity anomaly. More details 
of the geophysical data obtained in the Grass Valley 
area are given by Beyer etal (1976). 

DATA ACQUISITION AND PROCESSING 

A portable seismic network, with up to 12 stations 
linked by radio telemetry to a recording system 
mounted in a small, two-wheeled trailer, was de
signed for simplicity, flexibility, and ease of installa
tion. It proved possible for two men to deploy the 
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FIG. 4. Array configuration and its contoured impulse 
response in wavenumber space, plotted to k^ ahd 
ky = l l cycles/km. The effective Nyquist wave-
number can be seen to vary with azimuth in the range 
of approximately 50-70 cycles/km. The interior 
square outlines the standard wavenumber plot range of 
35.7 cycles/km used in subsequent figures. Radii of 
the array concentric circles are given. 

sensors and test the telemetry in about one day. Ease 
of network emplacement made it possible to modify 
the array as data were collected and to design field 
experiments with multiple objectives. 

A 4-5-Hz vertical-component geophone, a high-
gain amplifier (60-120 dB), a voltage controlled 
oscillator, and a radio transmitter constituted the 
station site equipment. A 0.1-watt transmitter gave a 
range of about 20 km for average topography. In 
applications using all 12 geophones spaced over a 
small aperture array (50-m diameter), the radio links 
were eliminated and signals were transmitted by cable 

. to the recording trailer. The trailer housed the radio 
receivers,. FM discriminators, a 14-channel slow-
speed FM tape recorder (0,12 ips, 0-40 Hz; or 
0.24 ips, 0-80 Hz), timing system, and batteries. A 
slow-speed smoked-paper recorder was used as a 
monitor. The system had about 40 dB dynamic range 
(peak-to-peak measurement), limited primarily by the 
tape recorder. 

To study the spatial variations of ground noise 
amplitude, we occupied a reference site at E2W (line 
E, station 2W in Figure 2) throughout the survey 
period. Normally we recorded overnight, with sta
tions spaced at 1-km intervals along the survey lines. 
The smoked-paper monitor record was observed 
every moming to verify the occurrence of low seismic 
noise level at the reference site; otherwise, the sites 
were reoccupied another night, until low-noise con
ditions prevailed. Geophones were buried about one 
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FIG. 5. High-resolution/-^ power spectral density estimates for a simulated 4-Hz plane wave signal propagating 
N60"'E across the array at phase velocity 2{X) m/sec {k = 20 cycles/km) to illustrate spatial aliasing. The array 
configuration is as shown in Figure 4, with dimensions scaled (a) 1, (b) 1.5, (c) 5, and (d) 10 times the radii 
values indicated in Figure 4. The maximum kx and k^ values in the plots are(a) 71.4, (b) 47.6, (c) 14.3, and 
(d) 7.1 cycles/km corresponding approximately to the effective Nyquist wavenumbers for the arrays. The/-A: 
power spectral density contours are -1 .0 , -3 .0 , -6 .0 , -9 .0 , and - 12.0 dB below the main peak. Circles 
indicate the constant velocities shown, expanding with array size. Aliasing is apparent in the high phase 
velocities in (b), (c), and (d); easily misinterpreted as detected body waves. 
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foot below the surface. Before and after a survey, all 
geophones were buried in a common hole to verify 
uniformity of their responses. 

For determination of spatial variation of wave-
number, an array of 12 closely spaced geophones 
was emplaeed at a site each evening. Data were trans
mitted by cable to.the recording vehicle some 500 m 
from the array. The array configuration and its im
pulse response in wavenumber space are shown in 
Figure 4. The existence of short-wavelength noLse 
components and the low coherence seen at large 
geophone separation both dictated the tight array 
spacing used. An array of 100-m element separation 
or more, commonly used in ground noise studies 
elsewhere, would give spurious results because spatial 
aliasing folds the high-wavenumber noise com
ponents (which we have seen dominant in the valley 
alluvium) into low-wavenumber noise components. 
The spatial aliasing results in the appearance of 
erroneously high-velocity ground noise, which is 
interpreted as body waves. The effect of spatial alias
ing due to inadeqiiate element separation is illustrated 
in Figure 5, where we processed a simulated 4 Hz 
plane wave with 50-m wavelength, propagating with 
phase velocity of 200 m/sec in the direction N60°E 
across four arrays. Those arrays have identical array 
shapes and numbers of sensors but different sensor 
spacing. The diameters of the arrays are 50, 75, 
250, and 500 m, such that the sensor spacing for 
each array is proportional to the array size. Since 
the plane waves are propagating at an azimuth of 
60 degrees, the foldirig effects are evident along the 
directions of 60 degrees and 240 degrees. Many inter
pretations of microseisms as body waves, based on 
coarse sensor separation, may well be incorrect due 
to aliased low-velocity surface waves as seen, for 
example, in Figure 5c. It is true, of course, that when 
the array is made small enough to accommodate the 
short-wavelength noise characteristics, resolution 
for near-vertically incident body waves is degraded 
seriously; however, they could be enhanced by 
appropriate array expansion and spatial filtering. 

For determinatioh ofthe spatial variation of ampli
tude, data were selected judiciously from the quietest 
recording period in the eariy moming hours. At least 
28 simultaneously recorded blocks of data were 
chosen from each ofthe recording stations, avoiding 
any spurious transient signals. Each data block of 
12.8 sec length was filtered and digitized. The result
ing 512-point records were tapered to zero at each 
end over 51 points and Fourier transformed. The 
Fourier transform was multiplied by its complex 

conjugate to produce power spectral density. The 
estimated power spectral density at each location is 
the average over at least 28 data blocks, to increase 
statistical confidence. The ground velocity spectral 
density (VSD) in m/x/sec/\/Hz was obtained by 
taking the square root of the power spectral density 
estimate and correcting it for system response. The 
relative intrinsic noise level, in dB, for a particular 
frequency band at a station is obtained by integrating 
the velocity spectral density over the frequency band 
and normalizing by that quantity at the reference 
station. 

For estimation of the frequency(/)-wavenumber 
(k) p)ower spectral density, array data were processed 
by using both the frequency domain beam-forming 
method (BFM) (Lacoss et al, 1969) and the 
maximum-likelihood method (MLM) (Capon, 1969). 
The BFM estimates f-k power spectral density by 
the formula 

P ( / , k ) = - i a ' - S - a , (1) 

where P( / , k) is BFM f-k power spectral density 
estimate, N is the number of geophones in the array, 
S is the estimate of the coherent power spectral 
density matrix between sensors, and a', the conjugate 
transpose of a, is given by 

[exp(/27rk • r ) , exp (/ITT k- fj), . . . , 

exp( /27rkT^)] , (2) 

where r„ is the coordinate of the nth geophone loca
tion. Each entry of S, 5,„(/), is obtained from 

S l n i f ) = T . i ^ > m ( f ) ^ U f ) , (3) 
/W 

by the normalization 

m = l 

Si„{f) = 
Strtif) 

VSu{f)Snn{f) ' 
(4) 

where ^imif) are the Fourier coefficients of the 
mth block time series from the /th geophone, and * 
indicates complex conjugate. 

BFM is commonly called a conventional method, 
whosejoperation can be seen by rearranging equation 
(I) to be 

n = l 1=1 

• e x p [ - / 2 7 r k - ( r , - r „ ) ] . (5) 

For BFM, a uniform weighting function is applied n 
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FlG. 6. Results of f-k analysis for site E5.9W (line E, station 5.9W) for different data block lengths, comparing 
MLM and BFM: (a) 12 data blocks, each with 128 points, processed by MLM, (b) 24 data blocks, each with 
64 points, processed by MLM, (c) 48 data blocks, each with 32 points, processed by MLM, (d) 24 data blocks, 
each with 64 points, processed by BFM. The frequency on each frame corresponds to a maximum/-it power 
spectral density estimate. The range of wavenumber plotted is 35.7 cycles/km in both k^ and ky. 
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to each array element and then a delay-and-sum 
operation is performed. The resolution in wave-
number space is therefore strongly characterized by 
the impulse response of the array (Figure 4) with 
prominent side lobes. In the presence of multipath 
propagation, the large side-lobe effects are not cleariy 
recognizable, resulting in an ambiguous pattem of 
peaks in wavenumber space with loss of resolution 
due to smearing of the tme spectmm. 

MLM, sometimes called the high-resolution 
method, calculates the f-k power spectral density 
estimate by 

^(/ ,k) = (a ' -S- ' -a)- (6) 

To motivate this operation, equation (6) can be 
written as 

^(/.k) = i JlAtif,k)A*{f,k)Sin{f)-
1=1 n = l 

• exp[-/27rk • {€ - r„)] 
I M N 

exp[- /27rk • r,] (7) 

where A;(/, k) are optimal complex weighting func
tions, known as maximum-likelihood filters, applied 
to each sensor's output. The procedure for finding 
Ai{f,k) involves the inversion of the signal-plus-
noise coherent power spectral matrix, such that 

t^tniftk) 
Al{f,k) = 

N N (8) 
S ^Qlniftk) 
n = l 1=1 

and [qinif, k)j is the inverse of the matrix {Si„{f) 
exp[-/27rk-(r, - r„)]}. -Application of the max
imum-likelihood filters allows the array processor 
to pass an undistorted monochromatic plane wave 
with a given velocity corresponding to a peak in f-k 
power spectral density and to suppress, in an optimal 
least-squares sense, the power of waves traveling 
at different velocities. The MLM impulse response, 
without noise, is ideally sharp; with noise, it depends 
on the characteristics of the data. 

Theoretically, MLM has a disadvantage relative to 
BFM in terms of its sensitivity to measurement errors, 
especially in a case of channel mismatch (Cox, 1973). 
Mismatch may result from distortion in the waveform 

during propagation, or' from amplitude, phase, and 
position errors in the sensors (geophones), sampling, 
and digitization. However, MLM spectra from the 
array data of Grass Valley seldom showed evidence 
of serious degradation. Regarding resolution of two 
separate waves, BFM dep>ends on the array impulse 
response, while MLM depends not only on array re
sponse but also on the signal-to-noise ratio (Cox, 
1973). 

The maximum entropy method (MEM) would 
theoretically provide higher resolution estimates than 
the above two methods. Unfortunately, this method 
is developed only for equally-spaced (Bamard, 
1969) and nonuniform-spaced (McDonough, 1974) 
linear arrays. It appears that, at present, MLM is the 
best method for processing 2-D array data for high 
resolution in the presence of multipath interference, 
the normal situation in ground noise studies. 

Data blocks without sporadic noise pulses (i.e., 
transient-free) from each of the 12 geophones of the 
array were selected for processing. The number and 
length ofthe data blocks were selected for resolution 
and statistical stability ofthe estimated power spectral 
density. A MLM comparison of different numbers 
and lengths, holding the total number of data points 
constant, is illustrated with the array data from the 
site E5.9W by processing the identical data in three 
different lengths. The results are shown in Figure 6a 
for 12 blocks x 128 points, in Figure 6b for 24 
blocks X 64 points, and in Figure 6c for 48 blocks x 
32 points. We find that the use of either 12 blocks x 
128 data points, or 24 blocks x 64 data points pro
vides adequate resolution in wavenumber space and 
realistic direction estimates, especially in situations of 
multipath propagation. In Figure 6, the/-A:_po\yer 
spectral densities are estimated at each of 41 x 41'grid 
points in a 2-D wavenumber space at a desired fre
quency component. The frequencies selected for 
processing are maxima in the power spectral density 
curves. The wavenumber of the peak value in the 
wavenumber plot, along with the frequency, provides 
the estimate of apparent phase velocity and the di
rection of propagation for the most coherent propaga
tion in the data sample. 

A comparison of BFM and MLM is provided in 
Figures 6b and 6d for the 24 block x 64 point case. 
The resolution improvement in MLM is quite ap
parent. Consequently, our processing method was 
normally MLM. 

Based on these studies, data were processed for 
the Grass Valley area using the large network spac
ing for studying spatial variations in ground noise 
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FiG. 7. Diumal variation of ground noise level at 
reference site E2W, with respect to 10"" m/sec/ 
\ / H Z , (0 dB), from day 212, hour 10 to day 213, 
hour 16 of 1976. Contour interval is 2 dB. Note the 
minimum noise level at 2-4 AM for all frequencies. 

214 215 
DAYS 

FiG. 8. Secular variation of eariy moming quiet 
ground noise level at E2W with respect to 10"" m/ 
sec/VHz, (0 dB), from day 211 to day 219 of 1976. 
Contour interval is 2 dB. Thunderstorms and unsettled 
regional weather characterized days 214-216. 

and utilizing the 25-m radius array with MLM for 
ground noise propagation if-k) parameters. 

DATA AND INTERPRETATION 

Temporal variation of ground noise 

The total seismic noise amplitude cr{x,y, t,f) can 
be modeled very generally by 

(r{x,y,t,f) = a-i{x,y,t,f) 
+ crmix,y,t,f) + (riix,y,t,f), 

where 
(1) (Ti{x,y, t,f) is the intrinsic noise at the site, 

including geothermal noise, 
(2) (Tm{x,y,t,f) is the microseismic component 

from distant sources, and 
(3) cri{x,y,t,f) is the noise generated locally at 

the surface by human activity and atmospheric 
disturbances. 

If we are interested only in intrinsic noise, the 
sampling and processing procedures must exclude the 
effect of the other two noise sources. To minimize 
local noise, a-/(jr, y, t ,f) , the data must be taken be
tween" midnight and dawn, because normally the 
noise level is low. Figure 7 presents the diumal varia
tion of seismic noise at the reference site E2W. To 
constmct this figure, transient-free noise data were 
chosen to estimate VSD every hour for a 30-hour 
period. Roughly 6 minutes of seismic noise actually 
went into each hourly average. The spectral density 
then was contoured as a function of time and fre

quency. The figure shows the typical wide-band, 
high-diumal noise level, extending from 9 AM to 
7 PM, the result of more disturbed daytime meteo
rological conditions and cultural activity in the area. 
This suggests that we record only between 2 and 4 AM 
to minimize contamination of the VSD estimate by 
unwanted diumal noise sources. 

A typical survey is carried out over a period of 
several days, so that long-term secular variations are 
apparent in the data. The nature of this variation over 
a 9-day period at the reference site E2W is shown in 
Figure 8. We estimate one VSD every 24 hours, using 
the quietest data.during early moming hours, and 
contour the VSD from day 211 to day 219. In this 
figure, the high-amplitude seismic noise which ap
pears from day 214 to day 216 is related to regional 
weather conditions. On those three days there were 
thunderstorms starting in the aftemoon and ending in 
the early evening throughout the region. To eliminate 
temporal variations of the observed microseisms, the 
band-limited power of seismic noise at each site, ob
tained by integrating VSD over the frequency band 
of interest, is normalized by the simultaneous power 
in the same frequency band at the reference site, 
provided that data are sampled from the quiet period 
in early moming. Mapping the normalized power 
gives the spatial distribution of relative intrinsic noise 
power level. 

Spatial variation of ground noise 

Estimation of ground noise VSD from simul-
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FIG. 9. Relative intrinsic noise power contours with respect to reference site E2W in three different frequency bands, namely (a) 2-4 Hz, (b) 5-7 Hz, and (c) 
10-12 Hz. Contoured interval is 3 dB. Solid circles indicate geophone sites. Elevations are in feet. The star indicates Leach Hot Springs location. 
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FlG. 10. Velocity spectral density (VSD) of ground 
noise at Leach Hot Springs and at site A3.7N, 500 m 
northwest of the hot springs (upper) and at site E5W 
in the center of the valley (lower) compared to bed
rock site AC, at the valley edge (Figure 2). The 
horizontal bars show typical 95 percent confidence 
limits for A3.7N (upper) and AC (lower) sites. 
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FIG. 11. Instantaneous noise field along survey line E. 
Abscissa is station location, with 1 km spacing and 
ordinate is frequency. Contour interval is 2 dB. Note 
high wide-band noise level at 3W, the region of thick
est alluvial cover, and the sharp gradient across the 
valley margin fault trace at 1E. 

taneous sampling in the eariy moming, with stations 
at 1 -km intervals, yields relative intrinsic noise power 
contour maps as illustrated for the frequency band 
of 2-4 Hz (Figure 9a), 5-7 Hz (Figure 9b), and 
10-12 Hz (Figure 9c). High noise levels are found at 
Leach Hot Springs ahd near the center of Grass 
Valley, as anticipated, but there are also local 
anomalies such as in the areas around G2W and G3W, 
HIE and H2E (see Figure 2 for site locations). Those 
ground noise anomalies, especially in the 5-7 Hz 
band, correlating spatially with the occurrence of 
Bouguer gravity anomalies, imply the occurrence of 
thickest alluvial deposits. The long-term stability of 
these anomalies is reproducible as indicated by close 
agreement with the results of a preliminary survey 
carried out in the summer of 1975, a year eariier than 
the survey for the data shown here. 

Leach Hot Springs cleariy generates seismic noise, 
but the noise is localized and does not propagate 
unattenuated more than a few km. In the vicinity of 
the springs, noise spectra show the high-amplitude 
seismic noise over a wide-frequency band; 500 m 
northwest of the hot springs (A3.7N) the amplitude 
of the noise at all frequencies greater than I Hz has 
attenuated nearly 20 dB. The noise spectmm at the 
Hot Springs site, at site A3.7N (500 m northwest of 
the Hot Springs site), and at a bedrock valley edge 
site AC (Figure 2) are shown in Figure 10. Note the 
wideband nature of the hot springs noise. 

In the valley center, station E5W, the noise has a 
distinctive broad peak around 5.5 Hz, as can be seen 
at the bottom of Figure 10. The character of the 
broad valley peak varies from site to site, probably 
as a consequence of changes in near-surface prop
erties. In Figure 9b, the areas of high-amplitude 
seismic noise in the 5-7 Hz band generally corre
spond to the areas of thick alluvium. The details of 
noise variation across the valley are illustrated by 
data for three typical survey lines, E. B, and G, 
shown respectively in Figures 11, 12, and 13. 

The instantaneous ground noise level along 8.25 
km of line E is presented in Figure 11. Data blocks 
were taken simultaneously from sites at E6W, 5W, 
4W, 3W, 2W, IW, IE, I.25E, and 2.25E. In this 
figure there is a clear peak at 5.5 Hz extending 
westward. The source of this well defined and band-
limited peak is not clearly understood, though it is 
doubtless related to near-surface properties and is a 
surface wave with a wavelength of about 50 m. A 
wide-band ridge of rather high-amplitude noise 
appears at E3W and is frequently seen to extend to 
IW. Maximum thickness of alluvium and the lowest 
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FIG. 12. Instantaneous noise field along survey line B. 
Abscissa is station location with 1 km spacing and 
ordinate is frequency. Contour interval is 2 dB. Note 
high wide-band noise level at valley center near 2W. 
Sharp gradients may indicate valley faults. 

FIG. 13. Instantaneous noise field along survey line 
G. Abscissa is station location with 1 km spacing and 
ordinate is frequency. Contour interval is 2 dB. Note 
high wide-band noise level at valley center near IE. 
Sharp gradients may indicate valley faults. 

topography occurs around 2W. A remarkable feature 
seen in the figure is the dramatic 10 dB contrast be
tween points IE and 1.25E, spanning the Hot Springs 
fault (Figure 2). It seems the local noise field, gen
erated by hot springs, is less attenuated east of the 
fault than west of it, probably due to high-iQ surface 
rocks on the east being in faulted contact with allu
vium west of the fault. This geologic feature can be 
seen in the faults anomaly (Figure 2) as well as in the 
Bouguer gravity map, the P-wave delay profiles, and 
the seismic reflection section; in addition, it is in
dicated by surface scarps. 

Asymmetrical ridges of wide-band noise with 
sharp gradients to the east are seen near 2W on line B 
(Figure 12) and near IE on line G (Figure 13). These 
ridges in the noise contours, as was the case for line E, 
correspond in position to the location ofthe minimum 
Bouguer gravity anomaly along each line and to the 
location of the thickest alluvium (Beyer et al, 1976). 
The positions of high gradients in ground noise east 
of the noise ridge on line B near 2W and on line G 
near IE apparently correlate with locations of shallow 
faults. The prominent broad peak of 6.5 to 7 Hz, seen 
at G3W in Figure 13, is probably also related to prop
erties of shallow alluvium. At the south end of Grass 
Valley, the ground noise level is generally lower than 
at the north end, and this contrast is presumably due 

to larger distance from the Leach Hot Springs and 
thinner alluvial deposits to the south. 

Propagation characteristics 

The most effective parameters for discriminating 
noise due to a buried localized source from that due to 
distributed surface sources and variations in local sub
surface properties are the direction of propagation 
and the apparent phase velocity of the microseisms. 
Above ai deeply buried source, we expect time-
invariant direction of propagation associated with 
high-phase velocity across the array. 

Time-invariant azimuths of propagating noise fields 
are seen at sites in the vicinity of Leach Hot Springs. 
Typical noise data recorded in this area show highly 
coherent energy, as seen in the array data from site 
A2N, I km southeast of Leach Hot Springs, shown 
in Figure 14. The dominant frequency ofthe propagat
ing noise field in the area is 4.4 Hz. The result of 

f-k analysis at the dominant frequency indicates that 
the noise field propagates across the array at azimuth 
149 degrees, with phase velocity of 422 m/sec. The 
azimuth in the plot is in a direction away from the 
Hot Springs. In the frequency band near 2.5 Hz shown 
in Figure 14b, the coherent noise propagating at 
904 m/sec.at an azimuth of 207 degrees also is away 
from the Hot Springs. 

\.\m 
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FIG. 14. High-resolution/-/: results at site A2N, I kni southeast of Leach Hot Springs. The microseismic field 
consists of (a) 4.4 Hz noise propagating in the direction 149 degrees with apparent phase velocity of 422 m/sec 
and (b) 2.5 Hz noise propagating in the directiori 207 degrees with apparent phase velocity 904 m/sec. The 
maximum wavenumber plotted is 35.7 cycles/km. These noise components are apparently fundamental-
mode Rayleigh waves generated at the hot st)rirtgs, where near-surface velocities exceed 2.9 km/sec. 
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FIG. 15. Rayleigh wave dispersion curves for funda
mental and first higher mode computed for the model 
shown, compared with observed ground noise phase 
velocities at site E5.9W. The observed phase 
velocities were determined at various times ofthe day 
by f-k analysis, the hour indicated by symbol type. 

The noise anomaly in the center of the valley, for 
example, E5.9W at 5 to 7 Hz (Figure 9b), can be 
explained by the superposition of multipath surface 
waves propagating in the shallow, alliivial section. 
The absence Of a unique and time-invariant propaga
tion direction, as seen, for example, in Figure 6a, 
indicates cleariy that the high-amplitude ground noise 
at this site is not due to a local buried source. Fiirther, 
the uniform propagation velocity, 340 m/sec in Figure 
6a, seen at all azimuths suggests a surface wave nature 
of the noise field. Similar multiazimuth surface 
waives are seen also in the results of f-k analysis at 
5.71 Hz for the array data at other sites. The phase 
velocities estimated from these plots indicate that the 
microseisms are apparently fundamental-rriode Ray
leigh waves. 

Dispersion characteristics and Shallow structure 

. Qn the assumption that the microseismic field con
sists of surface \vaves, the f-k analysis technique 
allows direct measurement of the local dispersion 
curve by selecting phase velocities coirespohding to 
the frequencies at peak/-A: power spectral densities. 
As an example, in Figure 15 we show phase velocities 
so estimated, along with computed fundamental and 
first higher-mode Rayleigh wave dispersion curves 
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for a model based on P-wave velocities from a shallow 
refraction survey in the area. The effect of the very 
shallow velocity stmcture is illustrated cleariy. 
Lateral variations in the upper 10 to 20 m will control 
the surface wave propagation characteristics. In 
estimating dispersion curves, we do not restrict sampl
ing to the quiet periods, since larger microseisms are 
very coherent across the array. The dispersion mea
surements, besides providing local observations of 
phase velocity for shallow stmcture mapping, also 
provide a method of verifying the wave nature ofthe 
microseisms. It is clear that waves with periods of 
1 sec and greater must be analyzed for stmctural 
information at geothermal target depths, if the micro
seisms are fundamental-mode Rayleigh waves (see, 
for example, McEvilly and Stauder, 1965). 

CONCLUSIONS 

The spatial distribution of the amplitude, fre
quency, and wavenumber characteristics of back
ground microseisms, or ground noise, contains in
formation on the variation of subsiirface properties 
and the location of buried sources of seismic waves. 
Extraction of the information requires careful sampl
ing of the microseismic field in time and space. A 
simple field system, utilizing FM telemetry of data 
to a small, trailer-mounted, central recording site, 
was fabricated for one- or two-man installation and 
operation in a study ofthe methodology in a potential 
geothermal area in Grass Valley, Nevada. 

Diiimal variation jn the 2-20 Hz noise field is 
regular. A consistent diumal variation that repeats 
from day to day is due apparently to meteorological 
and cultural sources, with typically 15 dB variation 
seen frorri the midday high noise level to the low noise 
levelin the eariy moming hours of 2-4 AM. Secular 
variations, due to regional weather patterns, can 
produce a 5-10 dB range in the early moming 
minimum noise levels over a duration of a few days. 

For spectral stability in investigating spatial varia
tion of noise, at least 28 quiet data blocks, each 12.8 
sec long, were taken simultaneously at the network 
stations, and the spectra were averaged for each site. 
This procedure produced consistent results through
out the area, revealing a charagtpristically low-
amplitude smooth.nojse spectrum af hard rock sites, 
a prominent peak at 4-6 Hz at valley sites, and wide
band high-amplitude noise, apparently due to very 
shallow sources, at hot springs sites. Contour maps 
of noise level, normalized to a reference site, are 
dominated by the hot springs noise levels outlining 
the regions of maximum alluvium thickness. Major 

faults are evident when they produce a shallow lateral 
contrast in rock properties. 

Microseisms in the 2-10 Hz band are pre
dominantly fundamental-mode Rayleigh waves, char
acterized by low velocities and wavelengths as small 
as 20 m, reqiiifing arrays pf closely spaced geophones 
for adequate spatial sampling. 

High-resolution f-k processing, with proper data 
sampling, provides a powerful technique for mapping 
the phase velocity and the direction of propagation 
of the noise field, revealing local sources and lateral 
changes in shallow subsurface structure. 

No evidence for a significant body w^ve component 
in the noise field was found, althoiigh it becomes 
clear that improper spatial sampling can give a false 
indication through aliasing. Noise emanating from a 
deep reservoir woiild be evident as body waves and 
could be traced to its source given a reasonably 
accurate velocity model. 

RECOMMENDATIONS 

Conventional seismic ground noise surveys, con
ducted as outlined in this study, require a large num
ber of stations for economical implementation. With 
IOO stations, for example, a week-long survey could 
provide maps of noise amplitude distribution, P-wave 
delay time, and microearthquake locations, as well 
as f-k analyses at many sites, utilizing a 2-3 man 
crew. It is not clear, however, that such data will be 
of significant value in delineating a geothermal 
reservoir. 

The amplitude mapping of ground noise in certain 
frequency bands is a poor exploration technique for 
delineating buried geothermal systems. The results 
ofthe amplitude mapping indicate that the amplitude, 
variations of microseisms in an area are controlled by 
the near-surface geology, especially lateral variations 
in thickness ofthe alluvial layer. The large amplitude 
surface waye generated by surface sources and propa
gating horizontally will mask weak seismic waves 
emitted from a buried source. Therefore, amplitude 
rnapping only reveals information on the very shallow 
stmcture. 

On the other hand, the technique of f-k analysis 
can, theoretically, map the wavenumber of the micro
seisms, discriminating the vertically incident body 
waves from the surface waves. The yet open question 
of whether a reservoir acts as a radiator of seismic 
body waves can be answered through careful f-k 
analyses in existent geothermal areas. The array to be 
used for further study must be a nonaliased array of 
larger diameter than that used in this study. The ex-
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pansion in array size will improve the resolution 
around the origin of the k^ ~ ky diagram. This im
provement would provide a more accurate estimate 
for power at the small wavenumbers, so that the 
azimuth and the apparent velocity of the long-
wavelength body waves are estimated more accu
rately. The amplitudes of body waves radiating from 
a source at depth are apparently much smaller than 
those of the ambient surface waves. In order to ex
tract useful information from the body waves, a 
sophisticated signal detection and processing scheme 
is required. However, tht f-k analysis technique may 
fail to detect the geothermal system at depth if our 
assumption of body wave radiation from the reservoir 
is not valid, or if the emanating body waves are either 
attenuated or completely masked by the ambient 
surface waves. It is fortunate that the ambient sur
face waves have shorter wavelengths than the 
anticipated body waves; because of this, the detection 
of weak body waves can be improved by a more 
sophisticated array, as is commonly done in con
ventional seismic reflection surveying. 

If the assumption of radiated body waves is indeed 
valid, and if such body waves are detectable, we can 
trace the recorded wavefronts to their source, given a 
reasonably accurate velocity model. There are two 
schemes which have been used for projecting waves 
observed at the surface back into the earth and locat
ing the source region, and these methods may be 
applicable to the geothermal reservoir delineation 
problem. 

The first method is seismic ray tracing described by 
Julian (1970) and Engdahl and Lee (1976). If the 
array diameter is much smaller than the distance to 
the buried source, the microseismic field propagates 
as a plane wave across the array. Estimation of the 
azimuth and the apparent velocity of the propagating 
noise field from f-k analysis, along with the knowl
edge of the near-surface velocity distribution, can 
give us the incident angle of the coherent body wave 
noise. Given a reasonable velocity stmcture in the 
area and simultaneously occupied array sites, we can 
reconstmct raypaths to each site. The intersection 
of these raypaths indicates the region of the radiating 
source. 

Another approach is much like that used in a con
ventional reflection survey with 2-D surface coverage 
but without a surface-controlled source. The coherent 
noise fields recorded by a 2-D surface array are pro
jected downward into the assumed subsurface model. 
The reconstruction of the coherent noise field propa
gating in an upward direction can be carried out by 

the wave equation migration technique, using a finite-
difference approximation such as the one described 
by Claerboul (1976). The restriction of this approach 
to microseismic data is that the noise field must propa
gate as a spherical wavefront across the geophone 
array. The spherical wavefront exists in the situation 
• where the array dimension is greater than the dis
tance to the source. In this case, we can determine 
the region of radiating sources in terms of the con
vergent pattem of the extrapolated wave fields. 

It is clear that ray tracing and the wave equation 
migration are applicable at different source-array 
distances in the application of delineating geothermal 
reservoirs. In a practical exploration program, we do 
not know the depth of geothermal reservoirs, nor do 
we know the shape of the wavefront across the array. 
One way of solving the problem is to place a non-
aliased array at several sites and search for the evi
dence of time-invariant, high-velocity body waves. 
As soon as the body waves are detected, one may 
compare several results of f-k analysis, using data of 
identical recording periods but of different sizes of 
subarray. The deterioration of the resolution in the 
f-k diagrams, as we expand the size of the subarray, 
indicates that the plane wave assumption is violated 
and the wavefront migration techniques should be 
applied. On the other hand, if the noise fields propa
gate as plane waves across the large array, the resolu
tion in the f-k diagrams will be improved as we ex
pand the size of subarrays, and the f-k analysis with 
seismic ray tracing is the proper technique to locate 
the noise source. 

Based on this study, we suggest that if the geo
thermal system is indeed emanating detectable body 
waves, the analysis of ambient ground motibri or 
seismic noise can be applied to the delineation df 
geothermal reservoirs. In fact, if the radiated body 
waves exist, the method can be one of the most 
effective geophysical methods in geothermal explora
tions. Clearly, a few carefully executed and strategi
cally located experiments are warranted. 
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Delineation of a low-velocity body under the Roosevelt 
Hot Springs geothermal area, Utah, using teleseismic P-wave data 

Russell Robinson* and H. M. lyert 

ABSTRACT 

To asscs.s the nature of the heat source associated with 
Ihe Roosevelt Hot Springs geothermal area, we have in
vestigated the P-wave velocity stmcture of the crust and 
uppermost mantle in the vicinity ofthe Mineral Mountains, 
southwest Utah, a region of late Cenozoic rhyolitic and 
basaltic volcanic activily. A roughly square (30 x 30 km) 
array of 15 seismographs, centered on the mountains, was 
operated for a period of 46 days, during which 72 teleseismic 
events were recorded with sufficient quality for calculation 
of P-wave traveltime residuals. Relative residuals, using 
the array average for each event as reference, show a clear 
pattem of azimuthal variation of up to 0.3 sec. This pattem 
implies the existence of a localized region of relatively low-
velocity material extending up from the upper mantle to 
deplhs of about 5 km under the Mineral Mountains. A 
three-dimensional (3-D) inversion of the data confirms 
this conclusion and yields a model featuring a region of low 
velocity (5 to 7 percent less than the surrounding rock) 
centered under the geothermal area and extending from 
about 5-km depth down into the uppermost mantle. The 
near-surface velocities obtained in the inversion clearly 
reveal the structure of the region, part of the Basin and 
Range province. An azimuthally changing pattem of wave
form distortion, restricted to the central Mineral Mountains, 
indicates the presence of a small but intensely anomalous 
region of low velocity and high attenuation at depths of 
about 15 km. Allhough we cannot rule out an explanation 
for the low velocity purely in terms of compositional 
changes, in view ofthe geothermal and volcanic manifesta
tions found in the region we prefer an explanation in terms 
of abnormally high temperature and a sinall fraction of 
partial mell. A partial melt model implies a much greater 
heat reservoir than does a model involving only circulation 
along deep fault zones. 

INTRODUCTION 

The Roosevelt Hot Springs geothemial area, currently under 
proposed developmenf for the generation of electric power, has 
been the focus of many geophysical studies. Seismic-refraction, 
gravity, magnetic, resistivity, and heat-flow investigations have 
all been made in the region in addition to detailed geologic and 

geochemical studies (for a review, see Ward et al, 1978). As a 
result, the relatively shallow (2-3 km) structure ofthe area is known 
to some degree, but the deeper structure of the crust has yet to be 
investigated. With the view of elucidating the nature of the heat 
source responsible for the near-surface thermal activity, we exam
ined this deeper structure using teleseismic P-wave traveltime 
variations. This lechnique has proved very useful in understanding 
the structure of other geothermal areas at depth, for example, at 
Yellowstone National Park, Wyoming (Iyer, 1979), and in Cali
fornia, in the Geysers-Clear Lake region (lyeref al, 1979), at Long 
Valley (Steeples and Iyer, 1976), and in the Coso geothennal area 
(Reasenberg et al, 1980). 

GEOLOGIC AND GEOPHYSICAL SETTING 

The Roosevelt Hot Springs geothermal area lies on the westem 
flank of the Mineral Mountains in southwest Utah, a horst com
posed mainly of Tertiary granitic rocks (10-14 m.y. old) and 
flanked by alluvial valleys typical ofthe Basin and Range province 
(Milford Valley and Beaver Valley). The transition to Ihe Colorado 
plateau physiographic province is immediately east of Beaver 
Valley (Figure 1). 

Both basaltic and rhyolitic volcanic activity have occurred 
repeatedly in the vicinity of the Mineral Mountains since middle 
Tertiary time (related at first to the emplacemenl of the granitic 
rocks themselves), as it has in much of the Basin and Range— 
Colorado plateau transition zone (Smith, 1979). The most recent 
episode of activity resulted in rhyolite flows and domes along the 
crest of the Mineral Mountains 0.5 to 0.8 m.y. ago. Basaltic or 
andesitic flows occurred on the northeast flank of the mountains 
and more extensively slightly farther northeast near Cove Fort. 
These latter flows cover part of the northem Beaver Valley. 

Large-scale seismic-refraction studies of the easternmost Basin 
and Range province (Braile et al, 1974; Prodehl, 1970) have 
shown that the crust is thin (about 25 km thick) and the P„ velocity 
low (aboul 7.5 km/sec). It has been suggested that a regional low-
velocity layer exists in the upper crust between 5- and 15-km 
depth (Smith et al, 1975; Muller and Mueller, 1979). These ob
servations have implied a high regional geolhermal gradient 
(Smith et al, 1975). 

Refraction sludies near the Roosevelt Hot Springs geothermal 
area itself (Gertson and Smith, 1979) indicate that the Milford 
Valley has a maximum depth to basement of about 2 km, the 
deeper fill consisting of Tertiary sediments with a P-wave velocity 
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111 about 4.0 km/sec. Ihc shallower (ill consisting of more recent 
.sediments with velocity of 1.8 km/sec. Gertson and Smith (1979) 
suggest that high-vclociiy Precambrian (?) metamorphic rocks, 
exposed along the western Mank ofthe Mineral Mountains, extend 
westward under Milford Valley. The granitic rocks ofthe Mineral 
Mountains, beneath a surface low-velocity weathered layer, 
have a velocity of approximately 5.5 km/sec. 

Microeanhquake studies of the Roo.seveli Hot Springs region 
(Olson and Smith, 1976) have shown that the level of activity near 
lhe Mineral Mountains is low, while 30 km to the northeast near 
Cove Fort, the level is much higher and of a swarm-like nature. 
Depths of microearthquakes were found to be mostly less than 
10 km. 

Mahy hot spring areas in the Basin and Range province are 
assumed to be caused by abnormally deep penetration of circulat
ing groundwater along range-bounding fault zones (Hose and 
Taylor, 1974). In the case ofthe Roosevelt Hot Springs geothermal 
area, however, analyses ofthe heat-flow data by Ward et al (1978) 
indicate that this mechanism is insufficient to account for the ob
served heat flux. Tticy showed that the total heat loss of about 
70 MW, obtained by integrating the high heat-flow values (IOO to 

IOOO mW m"^) around ihc Roosevell Hot Springs, cannot be ex
plained by hydrologic discharge and recharge in an equivalent 
area characterized by typical regional heai-llow values (75 to IOO 
mW m~* for westem Utah). Hence, they suggest a heat source 
at depth, probably associated with the Mineral Mountains pluton, 
at a temperature near the granite solidus. 

THE DATA 

The concept of using teleseismic traveltime residuals (observed 
arrival time minus that calculated on the basis of a standard earth 
model) to study the velocity structure of the crust is simple. If a 
sufficiently distant earthquake is observed with a closely spaced 
array of seismographs, changes in residual from station to station 
can be taken as due to velocity variations near the array. This is 
true because the raypaths back toward the source converge and 
so are increasingly unlikely to sample different velocify structures 
as the distance from the receivers increases. Changes in the pattern 
of residual variation wifh changes in source azimuth are parti
cularly useful in determining the local velocity structure. 

In order to carry out our study of the crust beneath the Mineral 
Mountains region, the recording array of 15 seismograph stations 

m 
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FIG. I. The Mineral Mountains region, southwest Utah. Seismograph stations used in this study are shown by triangles. The star indicates 
the location ofthe Roosevelt Hot Springs geothennal area. Contour interval is lOCX) ft. the shaded region representing the Mineral Mountains. 
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Station 

IA 
IB 
IC 
ID 

2A 
28 
2C 
2D 

3A 
38 
3C1 
3C2 
3D 

4B 
4C 
4D 

'W 

Laiitudc 
(N) 

38' 

38 

19.54' 
25.04 
28.59 
33.13 

'19.64' 
24.93 
28.34 
33.26 

38°20.73' 
24.75 
28.58 
29.04 
33.14 

38°22.83' 
27.21 
32.48 

Lonciiudc 
(W) 

lu-se.os' 
56,00 
56.06 
56.54 

I I2 ' ' 5 I .32 ' 
50.97 
50.86 
50.80 

I12''47.70' 
46.01 
45.77 
45.30 
46.65 

II2' '42.95' 
40.85 
39.90 

Robinson and 

Table 1 

Iyer 

Station Inriirmalion. 

Elevaiion 
(m) 

1722 
1606 
1574 
1507 

2201 
1923 
1905 
1780 

2091 
2152 
2297 
2146 
1853 

1929 
2115 
1917 

Reduction 
velocity 
(km/sec) 

4.5 
3.0 
2.0 
2.0 

5.4 
4.5 
4.5 
4.5 

4.5 
4.5 
4.5 
4.5 
4.5 

3.0 
3.0 
3.0 

Elevaiion 
correction 

(sec) 

0.38 
0.54 
0.79 
0.75 

0.41 
0.43 
0.42 
0.40 

0.46 
0.48 
0.51 
0.48 
0.41 

0.64 
0.71 
0.64 

Lilhology 

Graniie 
Alluvium 
Alluvium 
Alluvium 

Graniie 
Granite 
Granite 
Granite 

Granite 
Graniie 
Granite 
Granite 
Graniie 

Alluvium 
L.ava 
Lava 

was deployed (Figure 1) in a roughly square pattem 30 km wide 
on each side. Station coordinates and lilhology are listed in 
Table 1. The time for seismic waves to travel vertically from sea 
level to the seismograph (elevation conection) was also estimated 
and is shown in Table 1. All stations consisted of the standard 
U.S. Geological Survey (USGS) three-component short-period 
tape recording seismograph systems described in delail by Criley 
and Eaton (1978). At each station, high- and low-gain data channels 
were recorded along with continuous radio time signals (WWVB) 

and fhe output from an internal clock. The instruments operated 
for a 46-day period from May 22 to July 7, 1977. Halfway through 
the experiment, station 3C was moved 1.07 km northeast, but in 
fhe subsequent analysis results from both sites were treated as one. 

During the recording period, 72 teleseismic events were re
corded sufficiently well fo wanant analysis. These events are listed 
in Table 2 and are reasonably well distributed in azimuth. Normally 
in temporary seismic arrays in the United States, the recorded 
teleseisms are primarily from three approximate azimuths—soufh-

•M 

Table 2. Teleseismic events. 

Date 

5/22/77 
5/24/77 
5/24/77 
5/25/77 
5/28/77 
5/29/77 
5/30/77 
5/3W77 
6/01/77 
6/01/77 
6/03/77 
6/05/77 
6/05/77 
6/06/77 
6/06/77 
6/06/77 
6/07/77 
6/07/77 
6/07/77 
6/08/77 
6/08/77 
6/09/77 
6/09/77 
6/10/77 
6/12/77 
6/13/77 
6/13/77 
6/15/77 
6/16/77 
6/17/77 
6/17/77 
6/18/77 
6/18/77 
6/18/77 
7/03/77 
7/07/77 

Location 

Fiji 
Volcano Is. 
Mariana Is. 
Fiji 
Sulawesi 
Kazakh SSR 
Fox Is. 
Santa Cruz Is. 
Tonga 
Turkey 
Fiji 
Chile 
New Britain 
Dominican Rep. 
Vancouver Is. 
Tonga 
N. Caiifomia 
Santa Cruz Is. 
Argentina 
Chile-Bolivia 
Honshu 
Kamchatka 
Mariana Is. 
Sumatra 
Hokkaido 
Guatemala 
Tonga 
N. Atlantic Ridge 
Samoa 
Fiji 
Mariana Is. 
New Hebrides 
Fiji 
Chile-Bolivia 
Fox Is. 
Argentina 

Distance 

83.0'' 
85.2 
87.4 
83.1 

119.1 
91.5 
41.3 
90.0 
82.6 
98.6 
83.2 

. 73.7 
96.9 
42.0 
16.1 
82.1 
8.9 

89.8 
79.8 
73.7 
77.5 
56.8 
91.6 

133.0 
74.7 
31.5 
80.5 
61.4 
77.3 
84.9 
87.0 
92.5 
84.4 
72.1 
39.9 
78.9 

Azimuth 

239° 
299 
292 
241 
293 
352 
309 
255 
236 
29 

240 
140 
270 
104 
317 
238 
291 
256 
141 
136 
309 
317 
283 
310 
312 
135 
237 
91 

239 
240 
292 
253 
239 
137 
309 
139 

Date 

6/18/77 
6/18/77 
6/18/77 
6/19/77 
6/19/77 
6/19/77 
6/22/77 
6/23/77 
6/24/77 
6/24/77 
6/25/77 
6/25/77 
6/25/77 
6/26/77 
6/26/77 
6/26/77 
6/26/77 
6/27/77 
6/28/77 
6/28/77 
6/28/77 
6/28/77 
6/28/77 
6/28/77 
6/29/77 
6/29/77 
6/29/77 
6/30/77 
6/30/77 
6/30/77 
6/30/77 
7/01/77 
7/02/77 
7/02/77 
7/06/77 
7/06/77 

Localion 

Mexico 
Solomon Is. 
S. of Fiji 
Samoa 
Kuril Is. 
N. Atlantic Ridge 
Tonga 
Komandorsky Is. 
Tonga 
Tonga 
Fiji 
N. Carolina 
Oregon 
Kuril Is. 
Tonga 
Dominican Rep. 
N. Atlantic Ridge 
S. of Fiji 
Chile-Bolivia 
Sicily 
N. Atlantic Ridge 
N. Atlantic Ridge 
N. Atlantic Ridge 
N. Atlantic Ridge 
Banda Sea 
Andreanof Is. 
Tonga 
South Pacific 
Chile 
Tonga 
Chile 
Tonga 
Solomon Is. 
Kamchatka 
Panama 
Fiji 

Distance 

29.6° 
94.0 
89.1 
77.7 
66.8 
61.9 
84.8 
55.1 
89.1 
84.4 
86.0 
11.8 
11.2 
67.9 
84.4 
42.1 
63.5 
86.4 
72.8 
89.5 
59.3 
59.2 
49.2 
59.3 

117.7 
45.3 
84.3 
74.5 
70.4 
79.4 
76.7 
79.0 
93.5 
58.9 
42.8 
85.3 

Azimuth 

138° 
261 
238 
238 
312 
92 

236 
316 
231 
235 
239 
291 
293 
311 
235 
104 
91 

235 
137 
38 
84 
84 
84 
84 

283 
309 
235 
172 
137 
238 
238 
238 
260 
315 
133 
239 
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cast, .southwest, and nonhwest (Iyer, 1979). However, in tho 
Koo.scvelt arrLiy wc were foilunatc lo record teleseisms from the 
northeast quadrant as well. P-wave arrival times of these events 
were read from paper playbacks of lhe recording tapes. The com
bined frequency response of the recording and playback systems 
peaked between I and 5 Hz. Arrival times u.sed were almost 
never the first-break time because much greater timing accuracy 
can be obtained by using some other distinctive feature of the 
lirst-cycle waveform such as a zero crossing, peak, or trough. 
Generally, two or three separate picks were made on the wave
form for each event (.sec Figure 2), and all those for which the 
liming error was estimated to be 0.05 sec or less were used in the 
analysis. Care had to be taken, however, to ensure that waveform 
changes from station to station did not introduce spurious time 
differences. For example, variations in attenuation along paths 
to different stations can cause waveform changes (a \ow-Q path 
producing a relatively broader signal). Allhough we found gen
erally very good waveform correlation from station to station 
(Figure 2), some cases of significant distonion were indeed 
noticed; these will be di.scussed more fully below. 

Traveltime residuals were calculated on the basis of hypocenters 
given in the USGS bulletins on Preliminary Determination of Epi
centers using fhe Herrin (1968) P-wave traveltime fables. In order 
to eliminate the large effects of origin-time errors, relative 
residuals were then calculated by subtracting from each station 
residual the average residual for each event for the whole anay. 
Using fhe average residual as a reference introduces some scatter 
in fhe data because the number of observations varies from event 
to event (see Table 3). However, fhe alternative of using one par
ticular station as a reference, as is often done, introduces the 
assumption of no change in residual with azimuth at that site. 
Given fhe initially unknown structure, we thought it best nof to 
make that assumption. Plots of relative residual versus azimuth 
are shown in Figure 3 for sites IC and 2A. Site IC exhibits one 
of the largest azimuthal variations of residual, and site 2A one of 
the smallest. The scatter shown for fhese two sites is also typical 
of fhe others. Average relative residuals af each station, regard
less of azimuth and also as functions of fhe four principal quadrants, 
are listed in Table 3 together with their standard deviations and 
numbers of observations. In all cases separate picks on the wave
form of a single event are treated as separate (obviously, not in
dependent) data points, (f if is assumed that fhe residuals have a 

FIG. 2. Example of teleseismic P-wave signals af stations 2A and 
2D. The anows indicate the times used. Nole the excellent wave
form conelation for the first event through the first cycle of motion. 

Poisson distribution about their means, fhe standard enors of the 
means are 0.02 sec or less in all cases. 

In addition fo the teleseisms used above, numerous local and 
regional events were also recorded. Analysis of these data will 
be presented in detail at a later time. However, in the discussion 
of teleseismic results we will use anival time data from a nuclear 
explosion at the Nevada test site on May 25, 1977, at a distance 
of 322 km and an azimuth of 242 degrees from the center of our 
network. For this event, fhe firsl arrivals were sharp and the first 
break was timed. The apparent velocity of fhe first anivals in
dicates that they were P„ arrivals; fhe frequency was about 4 Hz. 

ANALVSIS AND INVERSION OF THE DATA 

The residuals averaged over all events for each station, listed 
in Table 3, reflect in only a gross way the vertically integrated 
velocity variafions under the network because of the wide range 
of azimuths and incidence angles included. These results are 
contoured in Figure 4. (Usually in studies such as this, if is 
common practice fo apply a conection to the residual to compensate 

Table 3. Average relative residuals. 

Station 

IA 
IB 
IC 
ID 
2A 
2B 
2C 
2D 
3A 
3B 
3C 
3D 
4B. 
4C 
4D 

N 

141 
79 

106 
96 

154 
137 
130 
116 
138 
144 
106 
149 
76 

130 
90 

All Azimuths 

R 

-0 .23 
0.02 
0.21 
0.17 

- O . l l 
-0 .05 

0.05 
-0 .17 
-0 .02 

0.03 
0.14 

-0 .07 
0.12 
0.06 
0.10 

N = number of observations; 

S D 

0.06 
0.07 
0.14 
0.14 
0.06 
0.10 
O.l l 
0.09 
0.06 
O.IO 
O.IO 
0.07 
0.10 
0.09 
0.08 

R = avera 

N 

14 
7 

12 
I I 
15 
12 
12 
15 
15 
13 
9 

15 
1 

10 
10 

0-90° 

R 

-0 .17 
0.09 
0.32 
0.18 

-0 .07 
0.03 
0.04 

-0 .17 
O.OI 

-0 .03 
0.04 

-0 .07 
0.06 

-0 .04 
0.01 

S D 

0.06 
0.03 
0.12 
0.08 
0.04 
0.13 
0.04 
0.06 
0.05 
0.03 
0.04 
0.06 
__ 

0.05 
0.03 

N 

35 
24 
33 
32 
44 
38 
33 
25 
34 
41 
36 
37 
29 
32 
23 

90-180° 

R 

-0 .26 
0.03 
0.36 
0.34 

-0 .16 
-0 .17 

0.10 
-0 .06 
-0.08 
-0 .07 

0.04 
-0 .05 

0.02 
-0 .03 

0.03 
ge residual (sec); SD = standard deviation. 

S D 

0.06 
0.06 
0.08 
0.07 
0.05 
O.OS 
O. l l 
0.06 
0.04 
0.06 
O.OS 
0.05 
0.(39 
0.09 
0.07 

N 

35 
20 
32 
22 
59 
41 
51 
41 
49 
49 
56 
56 
29 
46 
37 

180-270° 

R 

-0 .26 
-0 .05 

0.10 
0.06 

-0 ,11 
-() .10 

0.08 
-0 .17 
-0 .02 

0.04 
-0 .05 
-0 .05 

0.17 
0.12 
0.12 

S D 

0,06 
0.05 
0.04 
0.04 
0.05 
0.06 
0.06 
0.05 
0.04 
0.05 
0.05 
0.05 
0.04 
O.OS 
0.04 

N 

39 
28 
29 
31 
36 
46 
34 
35 
40 
41 
20 
41 
17 
42 
20 

270-360° 

R 

-0 .21 
0.03 
0.10 
0.09 

-0 .09 
0.01 

-0 .03 
-0 .25 

0.03 
0.23 
0.16 

-0 .14 
0.19 
0.09 
0.16 

S D 

0,07 
0.06 
0.05 
0.07 
0.06 
0.09 
0.14 
0.04 
0.05 
0.06 
0.07 
0.05 
0.07 
0.06 
0.06 

file:///ow-Q


1460 Robinson and Iyer 

at 

4 

a 
Mi 
oc 

O.Sr 

0.4 

0.3 

0.2 

u 
Ui 
in 
- 0.i\-

RHIC 

Ul 

> 

OO 

0.0 

• • 
• • • 
>• • 

• • • 
• • • 

RH2A 90° ISO" 

5 -0.1 

-0.2 

-0.3 

- 0 4 

-0.5 

- f -

• I 

-H 

270" 

•• • 

• • 

- t -
• • • 

FlG. 3. Relative residuals as a function of azimuth for stations IC and 2A. 

0 IOKM 
1 . . . , I 

FIG. 4. Contours of average relative residual regardless of azimuth. 
The contour interval is 0.1 sec. Triangles represent the seismo
graph sites and the dotted curve oudines the Mineral Mountains. 
The star indicates the location of the Roosevelt Hot Springs. 

for differences in station elevation. However, from Table I it will 
be seen that though elevation differences greater than 0.5 km occur, 
the effect of lithology is stronger than that of elevation. For exam
ple, note that stations IC and ID which have the lowest elevations 
have the largest elevation coneclions. Because of this discrepancy, 
we did not apply elevation corrections at this point.) The -B&ln-
and-range structure is evidenced by the positive residuals at sites 
within Milford Valley and by the negative residuals af sites in the 
northem and southern Mineral Mountains. The positive residuals 
in Beaver Valley ^re not as pronounced as in the Milford Valley. 
Also, the residuals ih fhe central Mineral Mountains are nof as 
negative as they are fo the north and south. 

Considering the variations of residual wifh azimuth (Figure 3 
and Table 3), it can be seen that there are significant azimuthal 
variafions, reaching up to 0.4 sec af some of fhe stations. The 
general pattern of these variations is that the largest residuals 
(slowest path) occur in the direction toward the central Mineral 
Mountains. This effect can be seen, somewhat smoothed out, in 
the average residuals for the four azimuthal quadrants, shown in 
Figure 5. The striped areas are the regions where fhe relative 
residual is 0.1 sec or greaier. It is clear that there is an azimuihally 
shifting "shadow zone." Such a pattern of residual variation 
cannot t)e explained simply by near-surface velocity varialions 
since die angles of incidence, measured from vertical, of the 
teleseismic waves af the surface are generally 25 degrees or less 
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FIG. 5. Contour of average relative residual for the four principal azimuth quadrants. The shaded areas are zones where the relalive residual 
is 0.1 sec or greaier. The conlour inicrval is 0.1 sec. Triangles represent the seismograph sites. The star indicates the localion of Roosevelt 
Hot Springs, (a) 0-90 degrees; (b) 90-180 degrees; (c) 180-270 degrees; (d) 270-360 degrees. 

(Steeples and Iyer, 1976). Ray tracing indicates that a possible 
cause of such a variation is a zone of relatively low velocify cen
tered under the central Mineral Mountains in the middle and lower 
crust. For example, the major features ofthe data can be explained 
roughly by a sphere of radius 10 km and velocity 5.4 km/sec 
embedded in a half-space of velocity 6.0 km/sec at a depth of 20 
km. Such a model is, however, only the simplest and nol the best. 

To be morc quantitative and to take account of the more subtle 
changes in residual, we used a 3-D inversion procedure developed 
by Aki et al (1977). In this procedure a portion of the earth is sub

divided into horizontal layers, each layer being divided in tum 
into a number of rectangular blocks. The initial uniform velocity 
assigned to each layer is modified in each block so as to minimize 
the variance of the resulting residuals, the needed changes ob
tained by finding a damped solution of a system of linear equa
tions. The assumptions are that the velocify in each layer outside 
the model is uniform, that outside the model fhe earth is hori
zontally uniform, and that geometrical ray theory is applicable. 
A complete description of fhe use of this technique in a context 
very similar fo ours can be found in Reasenberg et al (1980). 
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Wc adopted a four-layer model, each layer being 67.5 km square 
and subdivided into 9 x 9 bliKks 7.5 km on each side. The top 
layer w-as 5 km Ihick and the lower ones 10 km thick. The lateral 
extent of the slalion anay puts a limit on the model's maximum 
dcplh. Considering the typical wavelength of lhe teleseismic 
anivals (5-10 km), a subdivision inlo smaller blocks is not 
wananted. The initial velocity model, shown in Table 4, is based 
on the seismic-refraction results discussed earlier. These initial 
velocities are nof critical, however, since the results of fhe in
version procedure are in terms of the percent change in velocity 
within a layer, nof absolute velocities. Absolute velocify values 
cannot be obtained from relative residual dala. 

Results of one inversion of fhe data are shown in Figure 6. 
These results are percent changes in velocity ((wsifive values 
indicate a higher velocity). A value of 0 indicates lhat too few 
rays (<5) passed through that block for a meaningful change lo 
be calculated. Underiined values are those for which the resolu
tion is not as good (Reasenberg ef al, 1980); all values for layer I 
are well resolved. The treatment for layer I was different from 

Table 4. Initial inversion model. 

Ljyer 

1 
2 
3 
4 

Thickness 
(km) 

5.0 
10.0 
10.0 
10.0 

P-wave velocity 
(km/sec) 

4.5 
5.5 
6.5 
7.5 

m-
the deeper layers: a change in velocity was assigned to each sta- •^-
fion rather than fo individual blocks. Thaf avoided the problem of ^ . 
two or more stations with substantially different near-surface ' 
velocity structures overlying the same block in the model. Eleva
tion was included in the treatment of the firsl layer. In this in- .)M,' 
version, variance of fhe original data (0.0294 sec*) was reduced -^-
by 91 percent to 0.0027 sec*, close fo what would be expected j ^ 
due fo reading enors. 
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FIG. 6. Results of one inversion of the residual data. Values are the percentage change in velocity for the corresponding block. Underiined 
values are less well resolved from neaity values. A 0 indicates insufficient data for a value to be calculated. 
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The results (shown in Figure 6) suffer to some degree from the 
necessarily coarse modeling due to the size of the blocks. In 
order to sniooih out Ihcse effects, we did a second inversion with 
lhe block boundaries displaced one-half block width diagonally. 
Final values of fhe velocity changes were then calculated at a grid 
of points using a four-point average. These values are contoured 
in Figure 7 and will form the basis of the following discussion. 

DISCUSSION OF THE RESULTS 

Considering first the results for layer 1 (0-5 km depth), if can 
be seen that the basin-and-range sfruclure dominates the results. 

A ridge of relatively high velocity is associated with the Mineral 
Mountains, allhough it is displaced to the west of the crest, per
haps reflecting the presence of the high-velociiy metamorphic 
rocks along the western flank of the range. If these high-velocity 
rocks extend west under the Milford Valley, their effect on lhe 
results is hidden by lhat of the low-velocity valley fill which 
reaches a maximum near sile ID. These results are in good agree
ment with the refraction and gravity studies discussed previously. 
Simple models based on fhese studies suggest a velocify contrast 
of about 15 percent between sites in the Milford Valley and fhe 
Mineral Mountains for a layer 5-km thick, similar fo thaf found 

J8-iO' 

(a) (b) 

38*15-

(c) (d) 

FIG. 7. Contours of the smoothed velocity changes. For the first layer the contour interval is 2.5 percent; for the others, it is 1.0 percent. 
Triangles represent seismograph sites. The star indicates the location of Roosevelt Hot Springs. The outlined area represents the Mineral 
Mountains, (a) Layer 1: 0-5 km; (b) Layer 2: 5-15 km; (c) Layer 3: 15-25 km; (d) Layer 4: 25-35 km. 
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FIG. 8. A highly schematic northwest-southeast cross-section 
through the central Mineral Mountains based on the results shown 
in Figure 7. The vertical exaggeration is 2: I. Contours.represent 
fhe percentage of lateral velocity contrasi within the layers. 
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FIG. 9. An example of the waveform broadening as discussed in ..^ 
fhe text. The solid curve is the signal at site 2A and is similar fo 
that at all other sites except, in this case 2C, which is shown by 
fhe dashed line. The event is at a southwest azimuth (Chile-
Bolivia). For other azimuths other stations exhibit fhe broadening 
(see text). 

here. To the east, in the area covered by slalions 4B, 4C, and 4D, 
the average seismic velocity in this layer is lower than in the 
Mineral Mountains by 5 fo 10 percent, reflecting the uncon
solidaled sedimenis in the Beaver Valley (less thick than in Mil
ford Valley) and their extension north under the basalt flows near 
sites 4C and 4D. 

Results for fhe second layer (5-15 km) are in sharp contrast to 
those above. They indicate a region of relalively low velocity 
(about 5 percent contrast; nole the change in contour interval in 
Figure 7) centered near site 2C and also near the area of high heat 
flow associated with the Roosevell Hot Springs geothermal area. 
This region of low velocity seems to extend west of the Mineral 
Mountains, although this may be due in part fo imperfect resolu
tion from the overiying low velocities of fhe Milford Valley in 
this region. It is important fo note here that resulis such as this 
imply lateral contrasts in velocity and are nof the same as fhe 
regional low-velocity zone infened from refraction results in this 
depth range. 

The results for the third layer (15-25 km) are similar in exhibit
ing a center of relatively low velocify near site 2C, but this region 
also extends more fo fhe north and .south. The results for layer 4 
(25-35 km) in fhe uppermost manfie are again similar but show a 
shift south from the center of low velocify; fhe north-south elonga
tion is sfill present. The velocity contrast in these deeper layers 
is somewhat greaier, about 7 percent. 

Overall, the results suggest a pipe-like feature of approximately 
5-7 percent velocity contrast extending from about 5-km depth 
down at least as far as the uppermost manfie, centered near fhe 
Roosevelt Hot Springs geothermal area but extending to the north 
and south at depth. A highly diagrammatic northwest-southeast 
cross-section through Roosevell Hot Springs is shown in Figure 8. 

To see if this velocify structure derived from teleseismic data is 
in accord wilh data derived from regional earthquakes, fhe arrival-
time data from a Nevada test site nuclear explosion were examined. 
The significance of this test is that it provides comparison be

tween teleseismic residuals (computed using waves in the fre
quency band of 0.5 fo 2 Hz) and residuals associated wifh higher 
frequencies characteristic of regional events. The event was ap
proximately 310 km wesf of Roosevelt Hot Springs. Traveltime 
residuals for the explosion were calculated using the initial four-. 
layer model and compared with those calculated on the basis of 
the final teleseismic inversion model. When this was done, it was 
found thaf fhe variance was reduced from 0.029 sec* (the same as 
for the teleseismic data) to 0.006 sec*, an improvement of.about' 
79 percent. The improvement in the variance using only the velocity 
structure determined for layer I is 68 percent. Thus, allhough the 
near-surface effects are clearly fhe most important (as they are.-
for the teleseismic data also), the deeper structure also has an 
appreciable effect in reducing fhe variance. Still, it is clear that 
given the high accuracy in timing fhe nuclear blast arrivals (better 
fhan 0.05 sec), there remains a good deal of unexplained variance. 
Eventually a more detailed study of this event and other regional 
events may refine the rather coarse results obtained here on the 
basis of relatively low-frequency teleseismic dala alone and per
haps provide some information on frequency-dependent effects. 

Examination of waveforms of teleseismic signals provides some 
evidence for the presence of a small region of severe attenuation 
wifhin the low-velocity body. As was mentioned above, during 
fhe process of reading the teleseismic anival times, instances of 
significant waveform distortion were observed. These effects are 
very systematic and consistent among events from the same 
azimuth. For events at southeast azimuths, fhe waveform at sta
tion 2C was significantly broader fhan af any other station (an 
example is shown in Figure 9). Similarly, for events af southwest 
azimuths, station 3C exhibited waveform broadening while all 
other stations (including 2C) did not. For the northeast azimuth, 
the limiled data indicate broadening at station 2B. For the north
west azimuth, however, no station exhibited abnormal broadening. 

We have no detailed explanation for these observations as yet, 
Ray tracing would place the location of fhe distorting region at a 
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ilcpih of aboul 15 km under the region bounded by the sites 2C, 
.^C, and 2B, within the region of relatively low velocity but dis
placed from its apparent center. The fad that distortion occurs at 
only one of many stations spaced within 10 km of one another 
argues that the region causing the distortion is small, probably too 
small for the observed broadening to be caused by attenuation 
alone. One {xissible explanation is the existence o fa small (diam
eter about 5 km) region of intense attenuation; diffraclion effects 
wiihin the geometrical shadow zone could then explain fhe ob
served broadening (Mafumofo, 1971). Such a region then would 
not produce a significant traveltime delay. Another possibility is 
a' frequency-dependent focusing effect. 

The interpretation of our results in lerms of geology is nof 
straightforward. Iyer and Stewart (1977) discussed fhe possible 
causes of low-velocity regions in fhe crust and upper mantle. These 
include lateral variation in temperature, composition, fabric, and 
the nature of any fluid inclusions (e.g., partial melt), in any com
bination. The recent volcanism certainly indicates that higher than 
normal temperalures are lo be expected beneath the Mineral Moun
tains. Measurements of the lemperalure derivative of P-wave 
velocity (for references, see Iyer and Stewart, 1977) indicate lhat 
a 5 to 7 percent decrease in velocity would require a temperature 
increase of about 6(X)°C to 850°C over that of the sunounding 
rocks. Phase diagrams for typical crustal rocks indicate that'ihis 
would result in some degree of melting, especially if the regional 
geolhermal gradient were initially abnormally high. Partial melt
ing itself, however, leads lo a much more rapid drop in velocity, 
so thaf an interpretation in lerms of high temperatures needs to 
take this factor into account, loo. Although experimental dala 
on velocity in partially molten rocks al cruslal pressures are 
scarce, theoretical models are well developed (e.g., O'Connell 
and Budiansky, 1977; Mavko, 1980). A 5 to 7 perceni reduction 
in P-wdVe velocity (at a frequency of I Hz) can be explained by 
a melt fraction of only 1.5 to 4.0 perceni de|}ending upon as
sumptions aboul the pore shapes. This degree of melting would 
require temperatures only slightly above the solidus. 

The possibility of a compositional change as the cause pf the 
low-velocity region must be considered given the near-surface 
petrologic heterogeneity. A 5 to 7 percent lower velocity, for 
typical crustal rocks, would be associated with a density decrease 
of about 0 .13-0.17 g/cm^. A body of the shape of the low-velocity 
region wilh an average density coiitrast of 0.10 g/cm^ would pro
duce a broad gravity anomaly with a maximum amplitude of only 
about 14 mgal. It would be difficult to recognize such a lohg-
wavelenglh anomaly among the stronger effects of fhe basin-and-
range structure. (There is. however, a clear localized gravity low 
of 15-20 mgal in the central Mineral Mountains (Carter and 
Cook, 1978) that overlies the region we have hypothesized is 
causing waveform distortion.) Thus, a low-velocity feature such 
as we have found could represent something like a pipe of rela
tively low-density intrusive rocks, perhaps associated with the 
emplacement ofthe granitic rocks ofthe Mineral Mountains them
selves. If so, it would then be puzzling that the extent of the low-
velocity region at shallow depth (layer 2) corresponds not with 
the outcrop area of the granitic rocks but rather more closely with 
areas of thermal arid volcanic activity. 

It is thus our suggestion that the low velocity reflects abnormally 
high temperature and the presence of a small fraction of molten 
rock. However, the possibility that it is caused, in part or in whole, 
by compositional changes cannot be ruled out. At mid-crustal 
and lower depths, the postulated molten fraction would most likely 
be of basic composition (viz., the Quatemary basic eruptive activ
ity on the northeast flank of the Mineral Mountains), whereas at 

shallower deplhs il would more likely be acidic and associaied 
with the Quaternary rhyolitic activity along the crest ofthe moun
tains. The nature of the small anomalous region under the central 
Mineral Mountains associated with the waveform distortion 
remains somewhat of a mystery but it may be a region of more 
inten.se partial melt. On the basis of this model, the source of heal 
for the Roosevelt Hot Springs geothermal area is fhe region of 
partial melt, hydrothermal circulation serving to transport Ihe heat 
to fhe surface. This model implies thai there is a considerable 
heal reservoir associaied wilh this geolhermal area, much more 
fhan would be expected on the basis of a model involving only 
abnormally deep circulation of fluids along fault zones, a con
clusion similar to thaf of Ward et al (1978) based on heaf-flow 
data. An important question that remains is whether or not periodic 
recharge of fhe heat supply to shallower depths is required to main-
fain long-term, near-surface ihermal activily and, if so, whether 
or nol the region of paniai melt would be sufficiently permeable 
to allow this to occur via upward flow of molten rock. In this re
gard, the small region of possibly more intense mell concentration 
may play an important role. 
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Liaw and McEvilly 

SO measured will also locate distinclive radiation 
sources. With sufficient knowledge ofthe wave nature 
ofthe microseisms and a rea.sonably accurate velocity-
depth model, a fixed nonaliased array can be used 
in a beam-steering mode to define the source region 
of radiated noise. Both approaches, as used in typical 
surveys, suffer greatly when data are contaminated 
by nongeothermal seismic noise, by interfering 
seismic wave trains, or. by improper temporal and 
spatial data sampling. These pervasive problems have 
combined to render noise analysis at best a qualitative 
geophysical method and have substantially limited 
the acceptance of the seismic noise survey as an in
tegral element in geothermal exploration. 

This study attempts to avoid such problems through 
careful analysis of microseismic data in an evaluation 
ofthe feasibility of ground noise studies in geothermal 
site delineation. We report a series of investigations 
undertaken near Leach Hot Springs in Grass Valley, 
within the region of generally high heat flow in north
em Nevada. We first quantify the spatial and temporal 
variations of ground noise in the region and find that 
the seismic noise spectrum is strongly affected by 
near-surface sedimentary layers at the recording site. 
In fact, with broadband seismic sensors in a mapping 
technique using amplitudes and frequencies, one caik. 
outline lateral variations'-)in>alluvial thicknessr<This>. 
standard mapping technique cannot differentiate noisO'̂  
enhancement due to shallow structure > from> noise-
enhancement due to a buried seismic source. On the 
other hand, we find that the mapping of wave propa
gation parameters provides additional information 
about the noise field. However, the successful appli
cation of this technique requires some understanding 
ofthe wave nature of microseisms. We used multiple-
sensor arrays to study the seismic coherency as a 
function of frequency and spatial separation. Based 
on this information, an array was designed to record 
propagating microseismic data. The array data were 
processed by bot^ the frequency domain beam-
forming method (BFM) and the maximum-likelihood 
method (MLM). From:the'dispersion curves obtained-
in-nhe^array«studyf it*was^verified that the seismic 
noisefr»consists*ceprimarily'<e- of ̂  fundamental-mode 
Rayleigh*waves* 

This paper consists of several sections describing 
the methodology, the area studied, the data, its inter
pretation, and recommendations. This study together 
with other detailed geologic, geochemical, and geo
physical studies carried out in the area provide all 
the ingredients, except the test wells, for a complete 
rn,<:e histnrv on a (̂ ,rr>fh'̂ ' i t . - - ^ 

GEOTHERMAL GROUND NOISE 

Clacy (1968) first suggested that seismic noise in
creased near geothermal reservoirs. His first results 
northeast of Lake.Taupo, New Zealand, were based 
on contours of total noise amplitude in the frequency 
band of 1 to 20 Hz. In subsequent surveys at Wairakei, 
Waiotapu, and Broadlands geothermal areas, he 
found that the local noise amplitude anomalies were 
characterized by a dominant frequency of 2 Hz, 
whereas, away from the area of the anomaly, fre
quencies higher than 3 Hz predominated. On the 
other hand, Whiteford (1970) found in repeat surveys 
of the same areas that neither the shape of the fre
quency spectrum nor its dominant frequency con
formed to any regional pattem. Whiteford measured' 
the absolute ground motion in the Waiotapu geo
thermal area and found that, within a distance of I to 
2 km ofthe high heat flow area, the average minimum 
ground particle velocity was greater than 150 x 
I0~® m/sec, while farther away the amplitude of the 
ground movement decreased by a factor of about 3 
and, in addition, exhibited pronounced diumal 
variations. 

In the United States, a similar survey was first 
carried out southeast of the Salton Sea by Goforth 

'etal'(-1972-) who suggested for geothermal reservoirs 
an empirical relationship between high-temperature 
gradient and high seismic noise level. Their results 
showed-a significant increase in the noise power in 
the frequency band of I to 3 Hz at sites above the 
reservoir. They estimated the power spectmm at each 
site from ten 200-sec data segments taken over eight 
hours of nighttime recording. The contour map of 
the.total.power in the frequency band of I to 3 Hz 
was similar to the temperature gradient contour map. 
Douze and Sorrells (1972) conducted a similar survey 
over the nearby East Mesa area, where they found 
that the total seismic power in the 3 to 5 Hz band 
exhibited spatial variations similar, in general, to 
gravity and heat flow fields. East Mesa was later 
surveyed by Iyer (1974) with significantly different 
results-. Iyer measured seismic noise by averaging 20 
of the lowest values of the root-mean-square (rms) 
amplitude in several narrow frequency bands, using 
data blocks of 81.92 sec selected from four hours of 
digital data. He-did not find an'anomaly in seismic 
noise associated with'geotherma! activity but only the 
noise from canals and ̂ freeway traffic r 

The seismic pulsation associated with several 
geysers in Yellowstone National Park is believed to 
be indicative of the heating of water in the under-
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•eated sy.stem. Nicholls and Rinehart (1967) 
c studied the .seismic signature of .several geysers 

.1 the park and inferred that their predominant pul.se 
frequencies are quite similar, in the range of 20-60 
Hz, presumably due to steam action. The very low-
frequency seismic pulses recorded at Old Faithful, 
Castle, Bead, Plume, and Jewel geysers are believed 
to be associated with some type of water movement. 
The maximum amplitude of seismic pulses recorded 
in Yellowstone Park is 5.08 x 10-^ m/sec. At Old 

Faithful Geyser, the maximum amplitude is 2.54 x 
10-"* m/sec at 30-50 Hz. 

Iyer and Hitchcock (1974) also found good corre
lation between geothermal activity and high seismic 
noise levels in the I to 26 Hz range in the Park. The 
ground noise level in nongeothermal areas of the 
Park is approximately 13 to 15 x |0~® m/sec at 1 to 
26 Hz. In the Lower and Upper Geyser Basins where 
there are numerous geysers and hot springs, the 
average noise level is in general higher than 50 x 
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FIG, I. Prominent thermal springs areas and the Battle Mountain high heat flow region in Northwestem Nevada. 
Shaded area indicates high heat flow area. 
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m/sec and reaches a value of 672 x I0~® m/sec 
AV Old Faithful. In the Norris Basin, another highly 

active geyser basin in the Park, the noise level varies 
from 50 to 500 X lO'^ m/sec. Pari of the observed 
noise in the Lower, Upper, and Norris Geyser Basins 
is no doubt generated by the hydrothermal activity 
at the surface. The measurements near Old Faithful 
indicate that high-frequency noise, in the 8 to 16 Hz 
band, is generated during geyser eruptions; the noise 
level of lower frequencies is not affected by the 
emption cycles. Noise levels around Mammoth Hot 
Springs are two to five times higher than in the sur
rounding area. There is no geyser or fumarole here, 
and the geothermal water is relatively cooler than at 
Norris and the other geyser basins. Hence, it is very 
unlikely that the seismic noise observed here is 
generated near the surface. The noise anomaly ob
served in the area between Lower Falls and Mud 
Volcano could be caused by ground amplification 
effects in the soft sedimentary deposits. 

Correlations have-also been reported betyveen geo
thermal activjity and high seismic ground noise in the 
Vulcano Islands, Italy (Luongo and Rapolla, 1973), 
the Coso geothermar area, China Lake, Caiifomia 
(Combs and' Rotstein, 1975), and Long Valley, 
Caiifomia '•(Iyer~SifKl" Hitchcock; 1976). Htgh-" 
frequency noise ( / > 8 Hz) in the vicinity of geysers^ 
fumaroles/'and-^hot'springs is associated with hydro-̂  
thermal activity near the surface and during the geyser ̂  
emption. Low^frequency noise •"•(/ < 8 ' Hz) * is • not̂ --
affected by geyser'eruption cycles-and-is probably" 
generated at depth. 

It is evident that a noise power anomaly may result 
not only from an active seismic source, but also from 
lateral variation in near-surface velocity, particularly 
where low-velocity alluvium is-4nvolved. In order 
to identify a buried radiating source, the direction of 
propagation and the apparent phase velocity of the 
coherent noise field must be utilized. Whiteford 
(1975) successfully located the noise source in the 
Wairakei area using tripartite geophone array mea
surements. Iyer and Hitchcock (1976) used an L-
shaped array with 106-m geophone spacing in Long 
Valley and found that propagation azimuths for the 
high-velocity waves defined the area of surface geo
thermal phenomena, but they found that random 
directions of propagation were characteristic of low-
velocity waves. 

Azimuth and apparent velocity measurements are • 
complicated-for-microseisms because of multipath 
arrivals and nonstationary characteristics.-In addition. 

very short "wavelengths (10-20 m) can characterize 
the noise field in areas of low-velocity surface 
materials, and these are often aliased to lower wave-
number (longer wavelengths^ higher velocities) and 
misinterpreted if array geophone spacing is too large. 

MICROSEISMS 

The study of microseisms, or earth noise, has been 
directed primarily toward frequencies less than 0.5 
Hz, where the source is either ocean waves associated 
with storms (Longuet-Higgins, 1950; Gutenberg, 
1958; Oliver, 1962; Oliver and Ewing, 1957; Oliver 
and Page, 1963; Haubrich and Mackenzie, 1965; 
Haubrich and McCamy, l%9; Fix, 1972) or atmo
spheric disturbances (Sorrells et al, 1971; Savino el al, 
1972). Background microseism spectra for the range 
0.02 to 1 Hz are characterized by two maxima at 
frequencies near 0.071 and 0.143 Hz (pericxls of 
14 and 7 sec), both apparently due to coastal storm 
effects. In the period range beyond about 3 sec, local 
atmospheric pressure changes contribute primarily 
to the microseisms observed. 

High-frequency microseisms ( /> 0 .5 Hz) ob
served away from the coast are generated locally by 
cultural activity, traffic, wind, rivers (Wilson, 1953; 
Robertson, 1965; Iyer and Hitchcock, 1974),-by-
geothennal processes, and by distant sources (Lacoss 
et al, 1969). Noise (^served at the ground surface 
usually, consists principally ..of fundamentaKmode 
Rayleigh'waves? At'depths "\vhere the fiindamental-
mode has decreased to-negligible amplitude, the 
noise consists of-Rayleigh. modes of order higher 
than.third^^or of.body-waves (Douze,. 19.67). Sharps-
spectral-peaks and troughs: can be related to. shallow 
geologic.stmcture. Low-velocity alluvium or wea
thering can produce a signifh^ant amplitude increase, 
of seismic noise over that observed at a bedrock site,-
Thus, the shallow section can provide a waveguide 
for microseisms at particular frequencies (Kanai 
and Tanaka, 1961; Sax and Hartenberger, 1965; Katz, 
1976; Iyer and Hitchcock, 1976). Certain sources of 
microseisms, such as waterfalls or pipelines, can 
produce narrow-band radiation. Near the Owens 
River at Long Valley, Caiifomia, Iyer and Hitchcock 
(1976) report that the flowing river generates noise 
at frequencies above 6 Hz, attenuated by about 12 dB 
at 1 km from the river. At East Mesa, Caiifomia, the 
canals seem to be continuous wide-band sources of 
seismic noise which drops off rapidly with distance, 
reaching a fairly steady level at 3 km. At the power 
drops (small waterfalls) along the canal, however. 
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f̂ low the surface. Before and after a survey, all 
^ '̂phoncs were buried in a common hole to verify 

Jniformity of their responses. 
For determination of spatial variation of wave-

number, an array of 12 closely spaced geophones 
was emplaeed at a site each evening. Data were trans
mitted by cable to.the recording vehicle some 500 m 
from the array. The array configuration and its im
pulse response in wavenumber space are shown in 
Figure 4. Tfie existence of short-wavelength noise 
components and the low coherence-seen at large 
geophone separation both dictated the tight array 
spacing used. An array of 100-m element separation 
or more, commonly used in ground noise studies 
elsewhere, would give spurious results because spatial 
aliasing folds the high-wavenumber noise • com
ponents (which we have seen dominant in the valley 
alluvium) into low-waveiiumber noise components. 
The spatial aliasing results in the appearance of 
erroneously high-velocity ground noise, which is 
interpreted as body waves. The effect of spatial alias
ing due to inadequate element separation is illustrated 
in Figure 5, where we processed a simulated 4 Hz 
plane wave with 50-m wavelength, propagating with 
phase velocity of 200 m/sec in the direction N60°E 
across four arrays. Those arrays have identical array 
shapes and numbers of sensors but different sensor 
spacing. The diameters of the arrays are 50, 75, 
250, and 500 m, such that the sensor spacing for 
each array is proportional to the array size. Since 
the plane waves are propagating at an azimuth of 
60 degrees, the folding effects are evident along the 
directions of 60 degrees and 240 degrees. Many inter-
pretations'-ofntjicroseisms-as-body waves, based on' 
coarse sensor separation, may well be incorrect due 
to aliased low-velocity-=.surface waves as seen, for 
example, in Figure 5c. It is tme,-of course, that when 
the array is made small enough to accommodate the 
short-wavelength noise-^characteristics; resolution • 
for near-vertically incident body waves is degraded 
seriously;'*however, they could be-enhanced by . 
appropriate^'sarray-expansion and spatial filterings 

For determinatioh ofthe spatial variation of ampli
tude, data were selected judiciously from the quietest 
recording period in the eariy moming hours. At least 
28 simultaneously recorded blocks of daia were 
chosen from each of the recording stations, avoiding 
any spurious transient signals. Each data block of 
12.8 sec length was filtered and digitized. The result
ing 512-point records were tapered to zero at each 
end over 51 points and Fourier transformed. The 

conjugate to produce power spectral density. The 
estimated power spectral density at each location is 
the average over at least 28 data blocks, to increa.se 
statistical confidence. The ground velocity spectral 
density (VSD) in m/i./sec/\/Hz was obtained by 
taking the square root of the power spectral density 
estimate and correcting it for system response. The 
relative intrinsic noise level, in dB, for a particular 
frequency band at a station is obtained by integrating 
the velocity spectral density over the frequency band 
and normalizing by that quantity at the reference 
station. 

For estimation of the frequency(/)-wavenumber 
(k) power spectral density, array data were processed 
by using both the frequency domain beam-forming 
method (BFM) (Lacoss et al, 1969) and the 
maximum-likelihood method (MLM) (Capon, 1969). 
The BFM estimates f-k power spectral density by 
the formula 

P(/,k) = - i a ' - S - a , (1) 

where P{f,k) is BFM f-k power spectral density 
estimate, A' is the number of geophones in the array, 
S is the estimate of the coherent power spectral 
density matrix between sensors, and a', the conjugate 
transpose of a, is given by 

[exp(/27rk • r ) , exp(/27rk • rg ) , . . . , 

e x p ( / 2 7 r k - M ] , (2) 

where r„ is the coordinate of the nth geophone loca
tion. Each entry of S. Si„{f), is obtained from 

'^'"(/)=i i /̂m(/)̂ „*n.(/), (3) 

by the normalization 

s,„{f) 
V5„(/)5„„(/) • 

(4) 

where ^im{f) are the Fourier coefficients of the 
/nth block time series from the /th geophone, and * 
indicates complex conjugate. 

BFM is commonly called a conventional method, 
whose.operation can be seen by rearranging equation 
(I) to be 

n = l / •= ] 

• e x p [ - / 2 7 r k - ( r , - r „ ) ] . (5) 
p ... n r? ' • ; r ,, . . . , . , i ; . , < i 
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^ for a model based on /'-wave velocities from a shallow 
refraction survey in the area. The effect of the very 
shallow velocity stmcture is illustrated cleariy. 
Lateral variations in the upper 10 to 20 m will control 
the surface wave propagation characteristics. In 
estirnating dispersion curves, we do not restrict sampl
ing to the quiet periods, since larger microseisms are 
very coherent across the array. The dispersion mea
surements, besides providing local observations of 
phase velocity for shallow stmcture mapping, also 
provide a method of verifying the wave nature of the 
microseisms. It is clear that waves with periods of 
1 sec and greater must be analyzed for stmctural 
information at geothermal target .depths, if the micro
seisms are fundamental-mode Rayleigh waves (see, 
for example, McEvilly and Stauder, 1965). 

CONCLUSIONS 

The 'spatial distribution of-the amplitiide, fre
quency r-and wavenumber-characteristics of-back
ground microseisms.^or ground noise,--contains- in
formation on the^variationof-subsurface properties 
and the-Iocation"6f buried sources of seismic waves:* 
Extraction of the information requires careful sampl
ing of-̂ the miiSbseis'mic f̂ield în-tirTie and space. A 
simple field system, utilizing FM telemetry of data 
to a small, trailer-mounted, central recording site, 
was fabricated for one- or two-man installation and 
operation in a study ofthe methodology in a potential 
geothermal area in Grass Valley, Nevada. 

Diiimal variation in the 2-20 Hz noise fiejd is 
regular A cbnsistent'^diumal-variation that- repeatSv 
from dayto'day is'due^apparently to meteorological > 
and culturahsourcesj with typically l5'"dB variation-
seen frorrTtlie midday high nOise level tothe low noise-
level in the eariy moming hours of 2-4 AM. Secular 
variati6ns;""due to regionar weather pattems; can -
produce-^a- 5-10 dB • range-in-^the- early -mominig-
minimum noise levelsbver'a°dufation'of a-few days. 

For spectral stability in investigating spatial varia
tion of noise, at least 28 quiet data blocks, each 12.8 
sec long, were taken simultaneously at the network 
stations, and the spectra were averaged for each site. 
This procedure produced consistent results through
out the area, revealing a«chara<jfpristically low-
amplitude smooth-nojse^spectnifn a\ hard rock sites, 
a prominent peak at 4-6'Hz"atvqlley sites, and wide
band high-amplitude'>noise,-<i'apparently due to very 
shallow sources,"at-hot springs sites'. Contour maps, 
of noise^levely-normal ized to-a-referencesite, are .̂  
dominated-'by'the=hot"Springs=noise=levels" outlining'-

faults are evident when they produce a shallow lateral 
contrast-in rock properties. 

Microseisms in the 2-10 Hz band are pre
dominantly fundamental-mode Rayleigh waves, char
acterized by low velocities and wavelengths as small 
as 20 ni, requi|ing arrays of closely spaced geophones 
for adequate spatial sampling. 

High-resolution /-* processing, with proper data 
sampling, provides a powerful technique for mapping 
the phase'velocity and the direction of propagation 
of the hoise field, revealing local sources and lateral 
changes in shallow subsurface stmcture. 

No'evidence for a significant body wgve component 
in the noise field was found, although it becomes 
clear that improper spatial sampling can give a false 
indication through aliasing. Noise emanating from a 
deep reservoir would be evident as body waves and 
could be traced to its source" given a reasonably 
accurate velocity model. 

RECOMMENDATIONS 

Conventional seismic ground noise surveys, con
ducted as outlined in this study, require a large num
ber of stations for economical implementation. With 
100 stations, for example, a week-long survey could 
provide maps of noise amplitude distribution, /'-wave 
delay time,, and microearthquake locations, as well 
as f-k analyses at many sites, utilizing a 2-3 man 
crew. It is not clear, however, that such data will be 
of significant value in-delineating a geothermal 
reservoir: 

The amplitude mapping of ground noise in certain 
frequency bands iŝ a poor exploration technique for 
delineating- buried'̂ geothermal systems. The- results 
ofthe amplitude mapping indicate that the amplitude.-
variations of microseisms in an area are controlled by 
the near-surface geology, especially lateral variations' 
in thickness of the alluvial layer'The large amplitude 
surface waye generated by surface sources and propa
gating horizontally will mask weak seismic waves 
emitted from a buried source. Therefore, amplitude 
inappingonly revealslinformaiion on the very shallow 
stmcture.-' " 

On the'otherhand.^-the^^technique of /-̂ it analysis -̂  
can, theoreticallyj-map the'-wavenumberof the micro-
seisniis, discriminating-the'"•vertically'̂ incjdent body 
waves from the surface-waves-. The yet open question 
of whether a reservoir acts-as-a ̂ radiator of seismic 
bcxiy -waves-can'̂  be-^-answered-through-careful f-k 
analyses in existent geothermal areas."The^array to be 
used for further-study-must be-a nonaliased array of 



f 
pansion in array size will improve the resolution 
around the origin of the kj. - ky diagram. This im
provement would provide a more accurate estimate 
for power at the small wavenumbers, so that the 
azimuth and the apparent velocity of the long-
wavelength body waves are estimated more accu
rately. The amplitudes of body waves radiating from 
a source at depth are. apparently much smaller than 
those of the ambient-surface waves. In order to ex
tract useful information from the body waves, a 
sophisticated signal detection and processing scheme 
is required. However, the/-it analysis technique may 
fail to detect the geothermal system at depth if our 
assumption of body wave radiation from the reservoir 
is not valid, or if the emanating body waves are either 
attenuated or completely masked by the ambient 
surface waves. It is fortunate that the ambient sur
face waves have shorter wavelengths than the 
anticipated body waves; because of this, the detection 
of weak body waves can be improved by a more 
sophisticated array, as is commonly done in con
ventional seismic reflection surveying. 

If the-assumption of radiated body waves is indeed 
valid, and if such-body waves are detectable, we can 
trace therecorded wavefronts to their source, given a 
reasonably, accurate^velocity" model: There arc'two 
schemes,which have been used for projecting waves-
observed at-the surface back into the earth and locat
ing the.source region, and these methods may be 
applicable to the geothermal reservoir delineation 
problem: 

The first method is seismic ray.tracing described by -
Julian (1970) and^EngdahHand'Lee-(I976). If the 
array diameter is much smaller than the distance to 
the buried source, the microseismic field propagates 
as a plane wave across the array. Estimation of the 
azimuth and the apparent velocity of the propagating 
noise field from f-k analysis, along with the knowl
edge of the near-surface velocity distribution, can 
give us the incident angle of the coherent body wave 
noise. Given a reasonable velocity stmcture in the 
area and simultaneously occupied array sites, we can 
reconstmct raypaths to each site. The intersection 
of these raypaths indicates the region of the radiating 
source. 

Another approach is much like that used in a con
ventional reflection survey with 2-D surface coverage 
but without a surface-controlled source. The coherent 
noise fields recorded by a 2-D surface array are pro
jected downward into the assumed subsurface model. 
The reconstmction'of the coherent noise field propa-

Uaw and McEvilly 

the wave equation migration technique, using a finite-
difference approximation such as the one described 
by Claerbout (1976). The restriction of this approach 
to microseismic data is that the noise field must propa
gate as a spherical wavefront across the geophone 
array. The spherical wavefront exists in the situation 
where the array dimension is greater than the dis
tance to the source. In this case, we can determine 
the region of radiating sources in terms of the con
vergent pattem of the extrapolated wave fields. 
-^Itis clear that ray tracing and the wave equation 

migration are applicable at different source-array 
distances in the application of delineating geothermal 
reservoirs. In a practical exploration program, we do 
not know the depth of geothermal reservoirs, nor do 
we know the shape of the wavefront across the array. 
One way of solving the problem is to place a non-
aliased array at several sites and search for the evi
dence of time-invariant, high-velocity body waves. 
As soon as the body waves are detected, one may 

° compare several results of f-k analysis, using data of 
identical recording periods but of different sizes of 
subarray. The deterioration of the resolution in the 
f-k diagrams, as we expand the size of the subarray, 

vindicates that the plane wave assumption is violated 
and the wavefront migration techniques should be 
applied. On the other hand, if the noise fields propa
gate as plane waves across the large array, the resolu
tion in the fk diagrams will be improved as we ex
pand the size of subarrays, and the f-k analysis with 
seismic ray tracing is the proper technique to locate 
the noise source. 

Based on this study, we suggest that if the geo
thermal system is indeed emanating detectable body 
waves-, the analysis of ambient ground motion or 
seismic noise can be applied to the delineation of 
geothermal reservoirs. In fact, if the radiated body 
waves exist, the method can be one of the most 
effective geophysical methods in geothermal explora
tions. Cleariy, a few carefully executed and strategi
cally located experiments are warranted. 
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Frequency-wavenumber analysis of geothermal 
microseisms at Norris Geyser basin, Yellowstone 
National Park, Wyoming 

David H. Oppenheimer* and H. M. Iyer* 

Microseisms were recorded by two separate arrays within 5 km of Norris Geyser basin, Yellowstone National 
Park, Wyoming. The data were analyzed using frequency-wavenumber (f-k) spectral techniques to investigate 
whelher the microseisms are originating at the geyser basin and, if so, whether body waves emanating from a 
deep source could be distinguished from surface waves on the basis of phase velocity. Array aperture and 
seismometer spacing were systematically varied to examine a continuous wavenumber range of 0 to 100 
cycles/km. Results from high-resolution/-k analysis show that the microseisms indeed originate al the geyser 
basin in the frequency range 1.5 to 6.3 Hz with phase velocities of 1.1 to 2.5 and 2.0 to 4.0 km/sec on arrays 
southwest and east ofthe geyser basin, respectively. Although we could not distinguish between surface waves 
and body waves originating near the surface solely on the basis of phase-velocity information, observed 
velocities clearly preclude the possibility that a deep hydrothermal system is responsible for body-wave micro
seisms in this area. 

I f 

INTRODUCTION 

Studies of continuous background microseisms 
(seismic noise) in geothermal areas have been con
ducted in many regions of North America, Italy, and 
New Zealand. Previous studies to establish whether 
seismic radiation is associated with geothermal 
systems were attempted in areas of anomalously high 
microseismic amplitude through the measurement of 
power spectra at numerous surface locations (Clacy, 
1968; Whiteford, 1970; Douze and Sorrells, 1972; 
Luongo and Rapolla, 1973; Iyer and Hitchcock, 
1976; Liaw and McEvilly, 1979). This method, 
though quite useful in delimiting the extent of the 
anomaly, cannot determine the wavenumber and 
apparent velocity of the microseisms, parameters 
essential to an understanding of the microseismic 
source. Because the amplitude of microseisms is 
related to local geology as well as to proximity ofthe 
source of emissions (Iyer and Hitchcock, 1976; Liaw 
and McEvilly, 1979), erroneous interpretations of 
microseismic data may result if these effecTTaie not 
recognized and considered. Furthermore, seismic 
radiation from both geothermal and cultural sources 

may be present in the frequency range I to 20 Hz 
(Whiteford, 1970; Douze and Sorrells, 1972; Iyer 
and Hitchcock, 1974; Iyer, 1975; Asten, 1976), and 
amplitude studies cannot distinguish between these 
two sources. 

Iyer and Hitchcock (1976) and Page (1977) postu
lated that seismic waves radiating from a geothermal 
source a few kilometers deep may propagate as body 
waves and thus can, in principle, be distinguished 
from cultural microseisms, which generally propagate 
as surface waves. Seismic arrays can determine the 
phase velocity of microseisms and can thus distin
guish body waves emanating from deep sources and 
exhibiting high phase velocities (typically exceeding 
3 km/sec) from surface waves. Conclusive evidence 
regarding the body-wave nature of microseisms in 
geothermal regions, however, is absent. Liaw and 
McEvilly (1979) investigated the microseismic field 
in Grass Valley, Nevada, using the frequency-
wavenumber (f-k) technique and found no evidence 
of significant body-wave energy. They found that 
seismic radiation from hot springs at the valley edge 
propagates as fundamental-mode Rayleigh waves, as 
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FIG. 1. Topographic map of Norris Geyser basin, depicting locations and geometries of L and Triskelion arrays 
at sites A arid B, respectively. At site A, AJC = 0.005 km and AZ (orientation axis) = 10 degrees for small 
L-array; Ax = 0.033 km and AZ = 190 degrees for large L-array. At site B, a = 30 degrees, /3 = 60 degrees, 
AZ= 299 degrees, and distance between concentric circles is 0.067 km. 

do microseisms recorded in the valley center. Douze 
and Laster (1979), in a similar experiment at Roose
velt Hot Springs, Utah, found that during periods of 
cultural activity such as road traffic and trains, the 
microseisms consist almost entirely of Rayleigh 
waves. During quiet periods, data from arrays on 
valley fill west of the geothermal reservoir and also 
above the reservoir indicated the presence of a com
plex field of isotropic Rayleigh waves unrelated to 
this reservoir. A third array, in the Mineral Moun
tains east ofthe reservoir detected high phase-velocity 
P-waves frorn some unknown source northeast of the 
array. Whether these microseisms are associated 
with any geothermal source has not been demon
strated. 

To determine the nature of microseisms associated 
with an active geothermal region, the USGS recorded 
microseisms near Norris Geyser basin in Yellow

stone National Park, Wyoming, during September, 
• 1977. This site was chosen because eariier work by 
Iyer and Hitchcock (1974) showed coherent seismic 
radiation from the geyser basin. Our study was de
signed to measure phase velocities of the stationary 
microseismic field to detect the presence of body and 
surface waves and to determine the azimuth of the 
seismic source. 

INSTRUMENTATION 

Two separate arrays at sites A and B (Figure 1), 
respectively, were deployed to determine micro
seismic characteristics in several localities and to 
locate the seismic source. Array dimensions were 
systematically varied to examine a continuous wave-
number range and thus prevent misinterpretation of 
spatially aliased data. The spatial configuration of 
the seismometers in an array determines the transfer 
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FIG. 2. Array transfer function in wavenumber space, plotted from 0 to the reciprocal of twice the minimum 
station spacing for (a) L-array at site A and (b) Triskelion array at site B. Contour interval is 3 dB relative to 
peak power value in plot. J 
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function of̂ the array. Increased wavenumber resolu
tion can be achieved through optimal array design 
(Haubrich. 1968), but in field experiments of short 
duration involving a large number of instruments, 
deployment of complex array geometries is not 
feasible. Accordingly, L-shaped and Triskelion de
signs were selected for our experiments (Figure I); 
the corresponding impulse-response functions are 
shown in Figure 2, 

At site A, the Centipede seismic recording system, 
developed by Reasenberg et al (1977), was deployed 
in two L-shaped arrays each with 31 recording sta
tions with spacings of 5 and 33 m, respectively. Each 
recording station of the Centipede system consisted 
of a 1-Hz vertical-component seismometer, a pre
amplifier, and a voltage-control oscillator. All signals 
were then frequency modulated, multiplexed, and 
recorded in AM mode on one.analog magnetic tape, 
together with timecode and tape-speed compensation 
signals. The system bandwidth ( -3 dB) of the Centi
pede is nominally 0.1 to 30 Hz, and the dynamic 
range is 40 dB. On playback, the data were demulti
plexed, FM discriminated, and digitized at 200 
samples/sec. 

At site B, a Lancer digital recording system with 
10 seismometers identical to those of the Centipede 
system was arranged in a triskelion with one center 
seismometer and three concentric cii-cles, each con
taining three seismometers, with corresponding radii 
of 64, 167, and 200 m. The system bandwidth is 0,1 
to 50 Hz, and the dynamic range is 90 dB. The seismic 
signal from each seismometer was amplified, multi
plexed, digitized at 120 samples/sec, and written 
digitally on tape. 

THEORY 

The use of seismic arrays for the analysis of seismic 
noi.se makes possible the calculation ofthe frequency-
kvavenumber structure of the noise field. For a plane 
kvave propagating at frequency / and wavenumber 
!c, the phase velocity v, is given by 

v = / 
k (1) 

^ r vertically incident body waves, k = 0 and 
' = 00, and for horizontally propagating surface 
I'a ves, the phase velocity is eqiial to the true velocity 
f the wave. Thus, determination of the/-k structure 
rovides insight into the modes of propagation ofthe 
oise field. Capon (1969) derived in detail the 
stimation of the f-k spectrum, and Liaw and 
IcEvilly (1979) provided an excellent discussion of 

the theory and its relative merits with respect to 
other estimation techniques. For completeness and 
consistency with later notation, a brief review is given 
here. 

Consider K seismometers at positions x ,̂ where 
j = \, 2, . . ., K relativeto some arbitrary reference 
point. The time series rij recorded at each station 
can be divided into M nonoverlapping segments of 
N points. The Fourier transform of the ith segment 
of the yth station can be written as 

1 '̂  
Fii{f)=— y . amij.m+wj-i)exp(/27r/w), 

^ m = l 

(2) 

where the a^ are the weighting coefficients. An 
estimate of the cross-spectral matrix averaged over 
M segments is given by 

SH=^^piiif)n{f), 
M 

(3) 
i = l 

where the * denotes the complex conjugate, and 
j and / represent the station indices. An estimate 
P{f,k) of the f-k power spectmm /*(/, k) is then 
given by 

(̂f̂ ^̂  = -k 1 »v,(k)wf(k)Sj,(/)-
^ } . i = i 

• e x p [ / 2 7 r k - ( x j - x , ) ] , (4) 

where the Wj(k) are the spatial weighting coefficients. 
For conventional f-k spectral analysis, wj(k) = 1. 
Smart and Flinn (1971) rearranged equation (4) to 
increase computational efficiency in the form 

\ M ] K 

M , = i ^ . = 1 

exp(/27rk -Xj) (5) 

If the time series is a monochromatic plane wave of 
frequency/o and wavenumber RQ, then P{f, k) will be 
a delta function at /o, ko, and P(/oko) will be the 
transfer function of the array (Figure 2). 

Figure 2 shows that significant spectral leakage 
results from the use of a finite-element array. To 
suppress the effects of the beam pattern and to im
prove wavenumber resolution, we used high-
resolution f-k spectral analysis (Capon, 1969). The 
high-resolution method is based on the inverse 
^j<(/, k) of matrix Sj,(/) • exp[/27rk • (xj - x,)] 
and is designed to pass a monochromatic plane wave 
of wavenumber k̂ , but suppress the power due to 
wavenumbers other than ko such that P{f, ko) is an 

I 
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FIG. 3. Sample record of microseisms recorded by large L-array at site A. All stations were operated at same 
gain, and interstation spacing was 0.033 km. 

unbiased minimum variance estimate of P(/ , ko). 
The high-resolution estimate of the f-k spectrum is 
given by 

M ' i = l j = l 

where 

Mf>^) = 

exp[/27rk 'x^) 

i î/(/.k) 

(6) 

Capon and Goodman (1970) showed that P^ (/, k) is a 
multiple of a chi-square variable with 2{M — K -i- 1) 
degree:s of freedom. For the large L-array where 
Af = 32 and ^ = 28, there are 10 degrees of freedom, 
and the 90 percent confidence limits are approxi

mately 4.05 dB above and -2.62 dB below P^iL k) 
for / = 0 , /Nyquist- For the Triskeliori array where 
M =• 32 and K = 10, there are 46 degrees of freedom, 
and the confidence limits are approximately -1.35 
and 1.65 dB. 

A further savings in computation time can be 
realized through calculation of the Fisher statistic at 
each f-k point (Smart and Flinn, 1971). The Fisher 
statistic, a measure of the signal-to-noise ratio, is 
defined as 

(7) r(/,k) = ( ^ - i ) PU, k) 

^ j = i 

(8) 

Equation (8) shows that the Fisher statistic is a 
weighted ratio of the power at a particular frequency 
and wavenumber to the difference between that power 
and the total power at the given frequency. Thus, only 
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FIG. 4. Typical power spectral density plots corrected for instrument response for microseisms recorded at (a) 
site A and (b) site B. 

when the computed Fisher value exceeds a certain 
threshold will signal be considered to be present and 
Pft (/, k) be computed. 

OBSERVATIONS 

The data used for analysis were recorded between 
midnight and 3:00 A.M. MST to reduce noise con
tributions from cultural sources. Each time series 
was subdivided into 32 segments of lengths 1.28 and 
2.13 sec for the Centipede and Lancer data, re
spectively. Figure 3 shows representative micro
seisms recorded by the large L-array at site A; note 
the presence of coherent arrivals across the entire 
array. Figure 4 shows typical velocity spectral den
sity plots of the microseismic field at sites A and B. 
All spectra were computed by tapering each time 
segment with a Hamming window, taking the square 
toot of the average of the corresponding segment 
power spectra, and removing the instrument response. 
It is seen that the predominant signal occurred 
between 2.3 and 6.5 Hz. 

Algorithms for computation of the high-resolution 
f-k filter were taken largely from Liaw (1977). The 
f-k power spectra were computed at discrete fre
quencies as a function of the wavenumber k decom
posed into orthogonal components L and M, repre
sented by a 43 X 43 point grid (Figures 5 and 6). 
Since both the Triskelion and L-arrays used in this 

FS=100.9 
lOO.O 

0.0 
L ICYCLES/KMI 

100.0 

(a) 

FIG. 5a. Frequency-wavenumber (/-k) power spectral 
density plots for microseisms recorded at site A. 
Arrow points toward source of wavefront. F = 
frequency (Hz), AZ = aximuth (degrees), V = 
velocity (km/sec), FS = maximum Fisher statistic, 
U = undefined. Contour interval is 3 dB relative to 
peak power value in plot, f-k plot for small L-array; 
/ = 3.92 Hz, maximum wavenumber = 100 
cycles/km. 



study were not symmetrical, the Nyquist wavenumber 
varies with the azimuthal angle through the k^ — k„ 
domain. The maximum wavenumber examined in this 
study is equal to the reciprocal of twice the minimum 
station spacing. Accordingly, both L and M range 
from zero to this maximum wavenumber, and con
tours indicate power in decibels relative to the 

maximum power in the plot. All contours were 
computer-generated according to the method of 
minimum curvature (Briggs, 1974) and consequently 
are not unique. The arrow drawn from k = 0 to the 
wavenumber point of maximum power can be inter
preted as pointing in the direction ofthe microseismic 
source. 
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FIGS. 5b-5e. Frequency-wavenumber {f-k) power spectral density plots for microseisms recorded at site A. 
Symbols are the same as in Figure 5a. f-k plots for large L-array; for /= 1.57-3.92 Hz, the maximum wave-
number = 5 cycles/km, and fo r /= 4.71-6.27 Hz, the maximum wavenumber = 15 cycles/km. 
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Site A—small L-array 

Data from 29 of 31 stations from the small L-array 
were used in the computation of f-k spectra. The 
minimum interstation spacing of 0.005 km results 
in a maximum wavenumber of approximately 100 
cycles/km. The array aperture was 0.106 km and 
the wavenumber increment was approximately 4.76 
cycles/km. The high-resolution/-k power a t / = 3.92 
Hz is shown in Figure 5a. Maximum power was in 

F» 4.71 fiZ= 59. V= 1 . 1 3 

IS.O 

0.0 
L (CYCLES/KMI 

FS»I5.8 

15.0 

(0 

the wavenumber range 0 to 4.76 cycles/km corre
sponding to phase velocities ranging from M to 0.8 
km/sec that arrived from Norris Geyser basin. Since 
more detailed resolution at low wavenumbers is 
possible with the large L-array, we defer an interpre
tation, of these velocities until discussion of those 
data. However, because no significant power is 
present at wavenumbers exceeding 10 cycles/km, 
data recorded by the large L-array are considered to 
be essentially free from wavenumber aliasing. Similar 
results were observed throughout the frequency range 
1.56 to 6.27 Hz. 

Site A—large L-array 

We used data from 28 of 31 stations from the large 
L-array in the f-k analysis. The minimum inter
station spacing was 0.033 km and the array aperture 
was 0.707 km. For frequencies 1.57 to 3.92 Hz, a 
maximum wavenumber of 5 cycles/km, corre
sponding to a wavenumber increment of 0.24 cycles/ 
km, was used for f-k analysis since no appreciable 
energy was observed beyond this wavenumber. For 
higher frequencies, a maximum wavenumber of 15 
cycles/km and an increment of 0.71 cycles/km were 
used. The results of the high-resolution f-k analysis 
are shown in Figures 5b-5h for the frequency range 
1.57 to 6.27 Hz. 

At 1.57 Hz (Figure 5b), the maximum power was 
at a wavenumber magnitude between 0 and 0.24 
cycles/km corresponding to a phase velocity from oo 
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FiGS. 5f-5h. Frequency-wavenumber {f-k) power spectral density plots for microseisms recorded at site A. 
Symbols are the same as in Figure 5a. f-k plots for large L-array; for/= 1.57-3.92 Hz, the maximum wave-
number = 5 cycles/km, and for / = 4.71-6.27 Hz, the maximum wavenumber = 15 cycles/km. 
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to 6.6 km/sec; the maximum Fisher statistic was 8.5. 
At the next frequency interval, 2.35 Hz, the energy 
of the signal increased as seen in the Fisher value 
of 19.4 (Figure 5c). However, the - 3 dB contour 
which approximately defines the 90 percent con
fidence interval indicates that statistically significant 
estimates of the phase velocity range from 1.0 to 
3.3 km/sec. At frequencies of 3.14 to 4.71 Hz 
(Figures 5d through 5f), maximum energy arrived 
from Norris Geyser basin in the northeast azimuth 

Oppenheimer and Iyer 

at an average phase velocity of 1.20 km/sec. The 
broad azimuthal distribution in power is to be ex
pected because diameter of the geyser basin,exceeds 
1.5 km. 

At frequencies greater than 5.0 Hz, the consider
able drop-off in energy of the signal (Figures 4a, 5g, 
5h) resulted in a decrease of the signal-to-noise ratio 
and, similariy, of the Fisher statistic. At wavenum
bers at which the calculated Fisher statistic is less 
than the Fisher threshold of 1.0, the f-k power value 

F= \ .H \ RZ'210. V= 3.95 FS= "4.0 F= I.88 fiZ=270. V= 2.61 FS« 8.1 
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FIGS. 6a-6d. Frequency-wavenumber power spectral density plots for microseisms recorded at site B at fre
quencies 1.41-2.82 Hz. Maximum wavenumber is 7.5 cycles/km. Symbols are the same as in Figure 5. 



was artificially set at least 40 dB lower than the com
puted values, where the Fisher statistic exceeded the 
threshold, Consequentiy, the elongate patterns seen 
at frequencies of 5.49 and 6.27 Hz (Figures 5g, 5h) 
are due to the restriction of high-resolution /-k pro
cessing to the side lobes of the transfer function 
(Figure 2b), where the Fisher statistic exceeded the 
Fisher threshold. The predominant signal continues 
to arrive at velocities and azimuths similar to those 

at lower frequencies. At frequencies greater than 6.27 
Hz, no coherent signaj was observed. 

Site B—Triskelion array 

All 10 stations of the Triskelion array were used in 
computing the /-k spectra. The minimum interstation 
spacing was 0.067 km and the aperture of the array 
was 0.346 km. The maximum wavenumber for f-k 
analysis was 7.5 cycles/km and the corresponding 
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FtGS. 6e-6h. Frequency-wavenumber power spectral density plots for microseisms recorded at site B at fre
quencies 3.29-4.71 Hz. Maximum wavenumber is 7.5 cycles/km. Symbols are the same as in Figure 5. 



wavenumber increment was 0.36 cycles/kni. The 
high-resolution f-k diagrams for frequencies of 1.41 
to 4.70 Hz are shown ih Figures 6a through 6h. 

For frequencies lower than 1.41 Hz, no coherent 
energy was observed. At 1.41 Hz (Figure 6a), a weak 
signal, as seen by a Fisher value of 4.0, arrived with 
an azimuth of 270 degrees and a phase velocity of 
3.95 km/sec. Recalling the 90 percent confidence 
interval of —1.35 to 1.65 dB, significant velocities 
range from oo to 1.32 km/sec. At frequencies 1.88 
to 3.5 Hz (Figures 6b through 6e), a signal arrived 
frorn the west with an average apparent velocity of 
2.6 km/sec. This azimuth is consistent with the 
hypothesis that Norris Geyser basin is the source ofthe 
seismic radiation. The general shape of the power 
contours in wavenumber space at site B differs from 
that of the L-array owing to changes in both the f-k 
structure ofthe microseisms and the different response 
function of the array (Figure 2b). A comparison of 
the side lobes of the array response with the position 
of the seemingly random —12 dB contours in 
Figures 6b through 6e indicates that these contours 
are due to wavenumber spectral leakage. 

At frequencies greater than 3.5 Hz (Figures 6f 
through 6h), the signal-to-noise ratio decreases 
similariy to that observed at site A for frequencies 
exceeding 5 Hz. This difference in the upper fre
quency of signal coherence, in addition to the differ
ences in phase velocity magnitude observed at the 
two sites, suggests dissimilarities in the respective 
media through which the microseisms travel. Alter
natively, the difference in phase velocity at sites A 
and B may represent a signal generated at depth that 
propagates at the same velocity but arrives at the 
two arrays with different angles of incidence due to 
source-receiver geometry. The predominant signal 
continues to arrive from the direction of the geyser 
basin, but confidence in the estimate of the apparent 
velocity has decreased as can be .seen from the in
crease in extent of the 3 dB contour. At frequencies 
greater than 5 Hz, either the signal becomes inco
herent or aliasing occurs in wavenumber space. 

DISCUSSION 

The azimuths of wave propagation, determined by 
two separate arrays, all point to Norris Geyser basin 
arid leave little doubt that the microseisms originate 
at the basin. However, it is unclear whether these 
microseisms are associated with the surface geo
themial phenomena, such as geysers, fumaroles, and 
hot springs, or due to more fundamental processes 
associated with the geothermal system at depth. In 

order to use phase velocity to distinguish between 
the two instances, the velocity structure ofthe Norris 
basin must be known. 

The geologic structure of Norris Geyser basin 
comprises a densely welded tuff, the Lava Creek tuff, 
overiain by a thin veneer of glacial till and mbble no 
riiore than 5 m thick (Christiansen and Blank, 1972; 
Richmond and Waldrop, 1975). Drilling in Norris 
Geyser basin has shown that the tuff is at least 300 m 
thick (White et al, 1975). Since no detailed informa
tion exists on the velocity of shallow units in this 
area, a unique velocity cannot be assigned to the tuff 
layer. Crustal refraction studies at Long Valley 
caldera, Caiifomia, by Hill (1976) indicated velocities 
of volcanic layers in the upper 1 to 1.5 km of the crust 
range from 2.5 to 3.5 km/sec. Accordingly, com
pressional waves emanating from a near-surface 
source would exhibit a similar range of phase 
velocities, whereas P-waves from a source at depth 
would have much higher velocities owing to the 
eriiergence angle at the array. Assuming a Poisson's 
ratio of 0.25 and the above P-wave velocities, 
fundamental Rayleigh waves propagating along the 
free surface would have a velocity between 1.3 and 
1.8 km/sec. 

The high phase velocity, exceeding 6.6 km/sec, 
observed by the large L-array at 1.57 Hz (Figure 5b) 
suggests the presence of P-wave energy originating 
at great depth. However, if energy indeed arrived at 
a wavenumber between 0 and 0.238 cycles/kin, the 
wavelength of the signal would be at least six times 
the array aperture, and the array would not be able 
to provide adequate wavenurriber resolution. Hence, 
the phase velocity estimate would also be poor. 
Although the wavenumber resolution increases with 
an jncrease of array aperture, larger apertures re
quire greater interstation spacing for a fixed number 
of seismometers and increase the risk of spatial alias
ing. For this experiment, we considered the risk of 
aliasing sufficiently important to sacrifice resolution. 
Furthermore, due to the distance between the arrays 
and the Norris basin, an array much larger than 0.5 km 
would have made the plane-wave assumption un
reasonable. Considering the phase velocities observed 
at all other frequencies and the problem of wave-
number resolution, it is doubtful that this energy 
results from body waves from a deep source. 

At 2.35 Hz (Figure 5c), recalling the range of 
statistically significant phase velocities, there is 
evidence for the presence of body waves from near-
surface sources. At higher frequencies (Figures 5 d -
5h), the phase velocities observed at the large L-
array indicate the arrival primarily of surface waves. 
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1 he VQjocilies ut lhe I nskeliun array, while generally 
higher than those of the L-array, indicate a mixture 
of both surface waves and body waves originating 
near the surface. 

Although we could not distinguish between surface 
waves and body waves on the basis of the observed 
phase velocities, and since there was no observable 
velocity dispersion, these velocities clearly demon
strate that Norris Geyser basin is the source of the 
microseisms. There is only a remote possibility that a 
deep seismic source is responsible for body-wave 
microseisms in this area. We suggest that hydro-
thermal processes associated with surface manifesta
tions at the geyser basin are the cause of observed 
microseisms. 

CONCLUSION 

The high-resolution f-k technique used to analyze 
microseisms recorded at two sites near Norris 
Geyser basin, Yellowstone National Park, shows 
coherent signals propagating from the geyser basin 
in the frequency range 1.4 to 6.3 Hz with phase 
velocities of 1.0 to 4.0 km/sec. The rnode of seismic 
transmission suggests that both surface and body 
waves are emanating from near-surface .sources. 
Furthermore, such low-phase velocities preclude 
body waves originating from deep hydrothermal 
systems in Norris Geyser basin. 
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Delineation of a iow-velocity body under the Rooseveit 
Hot Springs geothermal area, Utah, using teleseismic P-wave data 

Russell Robinson* and H. M. Iyer* 

ABSTRACT 

To assess the nature bf the heat source associated with 
Ihe Roosevelt Hot Springs geothennal area, we have in
vestigated the P-wave velocity structure of the crust and 
uppermost mantle in the vicinity ofthe Mineral Mountains, 
southwest Utah, a region of late Cenozoic rhyolitic and 
basaltic volcanic activity. A roughly square (30 x 30 km) 
array of 15 seismographs, centered on the mountains, was 
operated for a period of 46 days, during which 72 teleseismic 
events were recorded with sufficient quality for calculation 
of P-wave traveltime residuals. Relative residuals, using 
the array average for each event as reference, show a clear 
pattern of azimuthal variation of up to 0.3 sec. This pattem 
implies the existence of a localized region of relatively low-
velocity material extending up from the upper mantle to 
depths of aboul 5 km under the Mineral Mountains. A 
three-dimensional (3-D) inversion of the data confirms 
this conclusion and yields a model featuring a region of low 
velocity (5 lo 7 percent less than the surrounding rock) 
centered under the geolhermal area and extending from 
about 5-km depth down into the uppermost mantle. The 
near-surface velocities obtained in the inversion clearly 
reveal the structure of the region, part of the Basin and 
Range province. An azimuthally changing pattem of wave
form distortion, restricted to the central Mineral Mountains, 
indicates the presence of a small but intensely anqmalous 
region of low velocity and high attenuation a( depths of 
about 15 km. Although we cannot rule out an explanation 
for the low velocity purely in terms of compositional 
changes, in view of the geothermal and volcanic manifesta
tions found in the region we prefer an explanation in terms 
of abnormally high temperature and a small fraction of 
partial melt. A partial melt model implies a much greater 
heat reservoir Ihan does a model involving only circulation 
along deep fault zones. 

INTRODUCTION 

The Roosevelt Hot Springs geothermal area, currently under 
proposed development for the generation of electric power, has 
been the focus of many geophysical studies. Seismic-refraction, 
gravity, magnetic, resistivity, and heat-flow investigations have 
all been made in Ihe region in addition to detailed geologic and 

geochemical studies (for a review, see Ward et al. 1978). As al 
result, the relatively shallow (2-3 km) structure ofthe area is knoWnl 
to some degree, but the deeper structure of the cmst has yet to be| 
investigated. With the view of elucidating the nature of the heatl 
source responsible for the near-surface Ihermal activity, we exani^J 
ined this deeper structure using teleseismic P-wave traveltimel 
variations. This technique has proved very useful in understanding! 
the structure of other geothermal areas at depth, for example, iu^ 
Yellowstone National Park. Wyoming (Iyer, 1979), and in Calitl 
fomia, in the Geysers-Clear Lake region (Iyer et al. 1979). at Long'j 
Valley (Steeples and Iyer, 1976), and in the Coso geothermal area^ 
(Reasenberg et al, 1980). '% 

•Wl 

GEOLOGIC AND GEOPHYSICAL SETTING 

The Roosevelt Hot Springs geothermal area lies on the western4 
flank of the Mineral Mountains in southwest Utah, a horst com-^ 
posed mainly of Tertiary granitic rocks (10-14 m.y. old) and^ 
flanked by alluvial valleys typical ofthe Basin and Range provincej 
(Milford Valley and Beaver Valley). The transition to the Colorado-
plateau physiographic province is immediately east of BeaverJ 
Valley (Figure I). 

Both basaltic and rhyolitic volcanic activity have occurred; 
repeatedly in the vicinity of the Mineral Mountains since middle -| 
Tertiary time (related at first to the emplacemenl of the granitic 
rocks themselves), as it has in much of the Basin and Range— 
Colorado plateau transition zone (Smith, 1979). The most recent 
episode of activity resulted in rhyolite flows and domes along the 
crest of the Mineral Mountains 0.5 to 0.8 m.y. ago. Basaltic or 
andesitic flows occurred on the northeast flank of the mountains 
and more extensively slightly farther nonheast near Cove Fort. 
These laiter flows cover part of the northem Beaver Valley. 

Large-scale seismic-refraction studies of the easternmost Basin 
and Range province (Braile et al, 1974; Prodehl, 1970) have 
shown that the crust is thin (about 25 km thick) and the P„ velocity 
low (about 7.5 km/sec). It has been suggested lhat a regional low-
velocity layer exists in the upper crust between 5- and 15-km 
depth (Smith et al. 1975; Miiller and Mueller, 1979). These ob
servations have implied a high regional geothermal gradient 
(Smith el al, 1975). 

Refraction studies near the Roosevelt Hoi Springs geothermal 
area itself (Gertson and Smith, 1979) indicate that the Milford 
Valley has a maximum depth to basement of about 2 km, the 
deeper fill consisting of Tertiary sedimenis with a P-wave velocity 
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of about 4.0 km/sec. the shallower fill consisting of more recent 
sediments with velocity of 1.8 km/sec. Gertson and Smith (1979) 
suggest that high-velocity Precambrian (?) metamorphic rocks, 
exposed along the westem flank ofthe Mineral Mountains, extend 
westward under Milford Valley. The granitic rocks of the Mineral 
Mountains, beneath a surface low-velocity weathered layer, 
have a velocity of approximately 5.5 km/sec. 

Microearthquake studies of the Roosevelt Hot Springs region 
(Olson and Smith, 1976) have shown that the level of activity near 
the Mineral Mountains is low, while 30 km to the northeast near 
Cove Fort, the level is much higher and of a swarm-like nature. 
Depths of microearthquakes were found to be mostly less than 
IOkm. 

Mahy hot spring areas in the Basin and Range province are 
assumed to be caused by abnormally deep penetration of circulat
ing groundwater along range-bounding fault zones (Hose and 
Taylor, 1974). In the case ofthe Roosevelt Hot Springs geothermal 
area, however, analyses of the heat-flow data by Ward et al (1978) 
indicate that this mechanism is insufficient to account for the ob
served heat flux. They showed that the total heat loss of about 
70 MW, obtained by integrating the high heat-flow values (100 to 

IOOO mW m'*) around the Roosevelt Hot Springs, cannot be ex
plained by hydrologic discharge and recharge in an equivalent 
area characterized by typical regional heat-flow values (75 to 100 
mW m"'^ for westem Utah). Hence, they suggest a heat source 
at depth, probably associated with the Mineral Mountains pluton. 
at a temperature near the granite solidus. 

THE DATA 

The concept of using teleseismic traveltime residuals (observed 
arrival time minus that calculated on the basis of a standard earth 
model) to study the velocity structure of the crust is simple. If a 
sufficiently distant earthquake is observed with a closely spaced 
array of seismographs, changes in residual from station to station 
can be taken as due to velocity variafions near the array. This is 
true because the raypaths back toward the source converge and 
so are increasingly unlikely to sample different velocity structures 
as the distance from the receivers increases. Changes in the pattem 
of residual variation with changes in source azimuth are parti
cularly useful in determining the local velocity structure. 

In Older to carry out our study of the crast beneath the Mineral 
Mountains region, the recording array of 15 seismograph stations 
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Table 1. Station inrormation. 

Station 

IA 
IB 
IC 
ID 

2A 
2B 
2C 
2D 

3A 
3B 
3CI 
3C2 
3D 

4B 
4C 
4D 

Latitude 
(N) 

38° 19.54' 
25.04 
28.59 
33.13 

38° 19.64' 
24.93 
28.34 
33.26 

38°20.73' 
24.75 
28.58 
29.04 
33.14 

38°22.83' 
27.21 
32.48 

Longitude 
(W) 

1I2°56.05' 
56.00 
56.06 
56.54 

II2°5I.32' 
50.97 
50.86 
50.80 

II2°47.70' 
46.01 
45.77 
45.30 
46.65 

II2°42.95' 
40.85 
39.90 

Elevation 
(m) 

1722 
1606 
1574 
1507 

2201 
1923 
1905 
1780 

2091 
2152 
2297 
2146 
1853 

1929 
2115 
1917 

Reduction 
velocity 
(km/sec) 

4.5 
3.0 
2.0 
2.0 

5.4 
4.5 
4.5 
4.5 

4.5 
4.5 
4.5 
4.5 
4.5 

3.0 
3.0 
3.0 

Elevation 
correction 

(sec) 

0.38 
0.54 
0.79 
0.75 

0.41 
0.43 
0.42 
0.40 

0.46 
0.48 
0.51 
0.48 
0.41 

0.64 
0.71 
0.64 

^ 

~^a 
L i t h o l ^ 

Granite^ 
Alluviuffii 
AlluviuiJ 
Alluviiu^ 

Grani te^ 
Granite^ 
Grani te^ 
Granite-^ 

Granite '•'jS 
Granite M 
Granite ~M 
Granite ' ^ 
Granite,'^ 

Alluviumj 
Lava tm 
Lava .M 

was deployed (Figure I) in a roughly square pattem 30 km wide 
dn each side. Station coordinates and lithology are listed in 
Table I. The time for seismic waves to travel vertically from sea 
level to the seismograph (eleviation correction) was also estimated 
and is shown in Table I. All stations consisted of the standard 
U.S. Geological Survey (USGS) three-component short-period 
tape recording seismograph systems described in detail by Criley 
and Eaton (1978). At each station, high- and low-gain data channels 
were recorded along with continuous radio time signals (WWVB) 

and the output from an internal clock. The instmments operated! 
for a 46-day period from May 22 to July 7. 1977. Halfway through'^ 
the experiment, station 3C was moved 1.07 km northeast, but inj^ 
the subsequent analysis results from both sites were treated as one.-^ 

During the recording period, 72 teleseismic events were rs-:4 
corded sufficiently well to warrant analysis. These events are listed! 
in Table 2 and are reasonably well distributed in azimuth. Normally^ 
in temporary seismic arrays in the United States, the recorded J 
teleseisms are primarily from three approximate azimuths—south-

Table 2. Teleseismic events. 

Date LxKation 

5/22/77 
5/24/77 
5/24/77 
5/25/77 
5/28/77 
5/29/77 
5/30/77 
5/31/77 
6/01/77 
6/01/77 
6/03/77 
6/05/77 
6/05/77 
6/06/77 
6/06/77 
6/06/77 
6/07/77 
6/07/77 
6/07/77 
6/08/77 
6/08/77 
6/09/77 
6/09/77 
6/10/77 
6/12/77 
6/13/77 
6/13/77 
6/15/77 
6/16/77 
6/17/77 
6/17/77 
6/18/77 
6/18/77 
6/18/77 
7/03/77 
7/07/77 

Fiji 
Volcano Is. 
Mariana Is. 
Fiji 
Sulawesi 
Kazakh SSR 
-Fox Is. 
Santa Cruz Is. 
Tonga 
Turkey 
Fiji 
Chile 
New Britain 
Dominican Rep. 
Vancouver Is. 
Tonga 
N. Caiifomia 
Santa Cruz Is. 
Argentina 
Chile-Bolivia 
Honshu 
Kamchatka 
Mariana Is. 
Sumatra 
Hokkaido 
Guatemala 
Tonga 
N. Atlantic Ridge 
Samoa 
Fiji 
Mariana Is. 
New Hebrides 
Fiji 
Chile-Bolivia 
Fox Is. 
Argentina 

Distance 

83.0° 
85.2 
87.4 
83.1 

1I9.I 
91.5 
41.3 
90.0 
82.6 
98.6 
83.2 
73.7 
96.9 
42.0 
16.1 
82.1 
8.9 

89.8 
79.8 
73.7 
77.5 
56.8 
91.6 

133.0 
74.7 
31.5 
80.5 
61.4 
77.3 
84.9 
87.0 
92.5 
84.4 
72.1 
39.9 
78.9 

Azimuth Date Location 

239° 
299 
292 
241 
293 
352 
309 
255 
236 
29 

240 
140 
270 
104 
317 
238 
291 
256 
141 
136 
309 
317 
283 
310 
312 
135 
237 
91 

239 
240 
292 
253 
239 
137 
309 
139 

6/18/77 
6/18/77 
6/18/77 
6/19/77 
6/19/77 
6/19/77 
6/22/77 
6/23/77 
6/24/77 
6/24/77 
6/25/77 
6/25/77 
6/25/77 
6/26/77 
6/26/77 
6/26/77 
6/26/77 
6/27/77 
6/28/77 
6/28/77 
6/28/77 
6/28/77 
6/28/77 
6/28/77 
6/29/77 
6/29/77 
6/29/77 
6/30/77 
6/30/77 
6/30/77 
6/30/77 
7/01/77 
7/02/77 
7/02/77 
7/06/77 
7/06/77 

Mexico 
Solomon Is. 
S. of Fiji 
Samoa 
Kuril Is. 
N. Atlantic Ridge 
Tonga 
Komandorsky Is. 
Tonga 
Tonga 
Fiji 
N. Carolina 
Oregon 
Kuril Is. 
Tonga 
Dominican Rep. 
N. Atlantic Ridge 
S. of Fiji 
Chile-Bolivia 
Sicily 
N. Atlantic Ridge 
N. Atlantic Ridge 
N. Atlantic Ridge 
N. Atlantic Ridge 
Banda Sea 
Andreanof Is. 
Tonga 
Soulh Pacific 
Chile 
Tonga 
Chile 
Tonga 
Solomon Is. 
Kamchatka 
Panama 
Fiji 

Disiance 

29.6° 
94.0 
89.1 
77.7 
66.8 
61.9 
84.8 
55.1 
89.1 
84.4 
86.0 
11.8 
11.2 
67.9 
84.4 
42.1 
63.5 
86.4 
72.8 
89.5 
59.3 
59.2 
49.2 
59.3 

117.7 
45.3 
84.3 
74.5 
70.4 
79.4 
76.7 
79.0 
93.5 
58.9 
42.8 
85.3 

AzimuthĴ  

138° 
261 
238 
238 
312 
92 
236 
316 
231 
235 
239 
291 
293 
311 
235 
104 
91 
235 
137 
38 
84 
84 
84 
84 
283 
309 
235 
172 
137 
238 
238 
238 
260 
315 
133 
239 

•if 
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cjisi. southwest, and northwest (Iyer, 1979). However, in the 
Riwsevelt array we were fortunate to record teleseisms from the 
northeast quadrant as well. P-wave arrival times of these events 
were read from paper playbacks of the recording tapes. The com
bined frequency response of the recording and playback systems 
peaked between I and S Hz. Arrival times used were almost 
never Ihe first-break time because much greater timing accuracy 
can be obtained by using some other distinctive feature of the 
lirsi-cycle waveform such as a zero crossing, peak, or trough. 
Generally, two or three separate picks were made on the wave-
tomi for each event (see Figure 2), and all diose for which the 
timing error was estimated to be 0.05 sec or less were used in the 
analysis. Care had to be taken, however, to ensure that waveform 
changes from station to station did not introduce spurious time 
differences. For example, variations in attenuation along paths 
to different stations can cause waveform changes (a low-Q path 
producing a relatively broader signal). Although we found gen
erally very good waveform correlation from station to station 
if'igure 2), some cases of significant distortion were indeed 
noticed; these will be discussed more fully below. 

Traveltime residuals were calculated on the basis of hypocenters 
given in the USGS bulletins on Preliminary Determination of Epi
centers using the Herrin (1968) P-wave traveltime tables. In order 
to eliminate the large effects of origin-time errors, relative 
residuals were then calculated by subtracting from each station 
residual the average residual for each event for the whole array. 
Using the average residual as a reference introduces some scatter 
in the data because the number of observations varies from event 
In event (see Table 3). Howevei-, the altemative of using one par-
licular station as a reference, as is often done, introduces the 
a.ssumption of no change in residual with azimuth at that site. 
Given the initially unknown stmcture. we thought it best not to 
make that assumption. Plots of relative residual versus azimuth 
are shown in Figure 3 for sites IC and 2A. Site JC exhibits one 
of the largest azimuthal variations of residual, and site 2A orte of 
the smallest. The scatter shown for these two sites is also typical 
I'f the others. Average relative residuals at each station, regard
less of azimuth and also as functions of the four principal quadrants, 
arc listed in Table 3 together with their standard deviations and 
numbers of observations. In all cases separate picks on the wave-
fomi of a single event are treated as separate (obviously, not in
dependent) data points. If it is assumed that the residuals have a 

FIG. 2. Example of teleseismic P-wave signals at stations 2A and 
2D. The arrows indicate the times used. Note the excellent wave
form correlation for the first event through the first cycle of motion. 

Poisson distribution about their means, the standard errors of the 
nieans are 0.02 sec or less in all cases. 

In addition to the teleseisms used above, numerous local and 
regional events were also recorded. Analysis of these data will 
be presented in detail at a later time. However, in the discussion 
of teleseismic result^ we will use arrival time data from a nuclear 
explosion at the Nevada test site on May 25. 1977, at a distance 
of 322 km and an azimuth of 242 degrees from the center of our 
network. For this event, the first arrivals were sharp and the first 
break was timed. The apparent velocity of the first arrivals in
dicates that they were P„ arrivals; the frequency was about 4 Hz. 

ANALVSIS AND INVERSION OF THE DATA 

The residuals averaged over ail events for each station, listed 
in Table 3, reflect in only a gross way the vertically integrated 
velocity variations under the network because of the wide range 
of azimuths and incidence angles included. These results are 
contoured in Figure 4. (Usually in studies such as this, it is 
common practice to apply a correction to the residual to compensate 

Table 3. Average relative residuals. 

Station All Azimuths 0-90° 90-180° 180-270° 270-360° 

S D SD S D S D S D 
IA 
IB 
IC 
ID 
2A 
2B 
2C 
2D 
3A 
.IB 
3C 
3D 
4B. 
4C 
4D 

141 
79 
106 
96 
154 
137 
130 
116 
138 
144 
106 
149 
76 
130 
90 

-0.23 
0.02 
0.21 
0.17 

-O.ll 
-0.05 
0.05 

-0.17 
-0.02 
0.03 
0.14 

-0.07 
0.12 
0.06 
O.IO 

0.06 
0.07 
0.14 
0.14 
0.06 
O.IO 
O.ll 
0.09 
0.06 
O.IO 
O.IO 
0.07 
O.IO 
0.09 
0.08 

14 
7 
12 
II 
15 
12 
12 
15 
15 
13 
9 
15 
I 
10 
10 

-0.17 
0.09 
0.32 
0.18 

-0.07 
0.03 
0.04 

-0.17 
O.OI 

-0.03 
0.04 

-0.07 
0.06 

-0.04 
O.OI 

0.06 
0.03 
0.12 
0.08 
0.04 
0.13 
0.04 
0.06 
0.05 
0.03 
0.04 
0.06 
— 
0.05 
0.03 

35 
24 
33 
32 
44 
38 
33 
25 
34 
41 
36 
37 
29 
32 
23 

-0.26 
0.03 
0.36 
0.34 

-0.16 
-0.17 
O.IO 

-0.06 
-0.08 
-0.07 
0.04 

-0.05 
0.02 

-0.03 
0.03 

0.06 
0.06 
0.08 
0.07 
0.05 
0.05 
0.11 
0.06 
0.04 
0.06 
O.OS 
0.05 
0.09 
0.09 
0.07 

35 
20 
32 
22 
59 
41 
51 
41 
49 
49 
56 
56 
29 
46 
37 

-0.26 
-0.05 
0.10 
0.06 

-0.11 
-0.10 
0.08 

-0.17 
-0.02 
0.04 

-0.05 
-0.05 
0.17 
0.12 
0.12 

0.06 
0.05 
0.04 
0.04 
0.05 
0.06 
0.06 
0.05 
0.04 
O.OS 
0.05 
0.05 
0.04 
0.05 
0.04 

39 
28 
29 
31 
36 
46 
34 
35 
40 
41 
20 
41 
17 
42 
20 

-0.21 
0.03 
0.10 
0.09 

-0.09 
O.OI 

-0.03 
-0.25 
0.03 
0.23 
0.16 

-0.14 
0.19 
0.09 
0.16 

0.07 
0.06 
0.05 
0.07 
0.06 
0.09 
0.14 
0.04 
0.05 
0.06 
0,07 
0.05 
0.07 
0.06 
0.06 

^ - number of observations; R = average residual (sec); SD = standard deviation. 
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FIG. 3. Relative residuals as a function of azimuth for stations IC and 2A. 
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FIG. 4. Contours of average relative residual regardless of azimudi. 
The contour interval is 0.1 sec. Triangles represent the seismo
graph sites and the dotted curve outlines the Mineral Mountains. 
The star indicates the location of the Roosevelt Hot Springs. 

for differences in station elevation. However, from Table 1 it will 
be seen that though elevation differences greater than 0.5 km occur, 
the effect of lithology is stronger than that of elevation. For exam
ple, note that stations IC and ID which have the lowest elevations 
have the largest elevation corrections. Because of this discrepancy, 
we did not apply elevation corrections at this point.) The balln-
and-range stmcture is evidenced by the positive residuals at sites 
within Milford Valley and by the negative residuals at sites in the 
northem and southem Mineral Mountains. The positive residuals 
in Beaver Valley are not as pronounced as in the Milford Valley. 
Also, the residuals ih the central Mineral Mountains are not as 
negative as they are to the north and south. 

Considering the variations of residual with azimuth (Figure 3 
and Table 3), it can be seen that there are significant azimuthal 
variations, reaching up to 0.4 sec at some of the stations. The 
general pattem of these variations is that the largest residuals 
(slowest path) occur in the direction toward the central Mineral 
Mountains. This effect can be seen, somewhat smoothed out, in 
Ihe average residuals i'or the four azimuthal quadrants, shown in 
Figure 5. The striped areas are the regions where the relative 
residual is 0.1 sec or greater. It is clear that there is an azimuthally 
shifting "shadow zone." Such a pattem of residual variation 
cannot be explained simply by near-surface velocity variations 
since the angles of incidence, measured from vertical, of the 
teleseismic waves at the surface are generally 25 degrees or less 
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FIG. 5. Contour of average relative residual for the four principal azimuth quadrants. The shaded areas are zones where Ihe relative residual 
is 0.1 sec or greater. The contour interval is 0.1 sec. Triangles represent the seismograph sites. The star indicates the location of Roosevelt 
Hot Springs, (a) 0-90 degrees; (b) 90-180 degrees; (c) 180-270 degrees; (d) 270-360 degrees. 

(Steeples and Iyer, 1976). Ray tracing indicates that a possible 
cause of such a variation is a zone of relatively low velocity cen
tered underthe central Mineral Mountains in the middle and lower 
i-'aist. For example, the major features ofthe data can be explained 
roughly by a sphere of radius 10 km and velocity 5.4 km/sec 
embedded in a half-space of velocity 6.0 km/sec at a depth of 20 
km. Such a model is, however, only the simplest and not the best. 

To be more quantitative and to take account of the morc subtle 
changes in residual, we used a 3-D inversion procedure developed 
by Aki et al (1977). In this procedure a portion ofthe earth is sub

divided into horizontal layers, each layer being divided in tum 
into a number of rectangular blocks. The initial uniform velocity 
assigned to each layer is modified in each block so as to minimize 
the variance of the resulting residuals, the needed changes ob
tained by finding a damped solution of a system of linear equa
tions. The assumptions are that the velocity in each layer outside 
the model is uniform, that outside the model the earth is hori
zontally uniform, and that geometrical ray theory is applicable. 
A complete description of the use of this technique in a context 
very similar to ours can be found in Reasenberg et al (1980). 
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We adopted a four-layer model, each layer being 67.5 km square 
and subdivided into 9 x 9 blocks 7.5 km on each side. The top 
layer was 5 km thick and the lower ones 10 km thick. The lateral 
extent of the station array puts a limit on the model's maximum 
depth. Considering Ihe typical wavelength of the teleseismic 
arrivals (5-10 km), a subdivision into smaller blocks is not 
warranted. The initial velocity model, shown in Table 4. is based 
on the seismic-refraction results discussed earlier. These initial 
velocities are not critical, however, since the results of the in
version procedure are in terms of the percent change in velocity 
within a layer, not absolute velocities. Absolute velocity values 
cannot be obtained from relative residual data. 

Results of one inversion of the data are shown in Figure 6. 
These results are percent changes in velocity (positive values 
indicate a higher velocity). A value of 0 indicates that too few 
rays (<5) passed through that block for a meaningful change to 
be calculated. Underlined values are those for which the resolu
tion is not as good (Reasenberg et al. 1980); all values for layer I 
are well resolved. The treatment for layer 1 was different from 

Table 4. Initial Inversion model. 

Layer 

1 
2 
3 
4 

Thickness 
(km) 

5.0 
10.0 
lO.O 
lO.O 

P-wave velocit]^ 
(km/sec) , ^ 

4.5 
5.5 
6.5 
7.5 

the deeper layers: a change in velocity was assigned to each sta-1^ 
tion rather than to individual blocks. That avoided the problem of.-;.| 
two or more stations with substantially different near-surface 
velocity stmctures overlying the same block in the model. Eleva-.^ 
tion was included in the treatment of the first layer. In this in-.^ 
version, variance of the original data (0.0294 sec^) was reduced "> 
by 91 percent to 0.0027 sec^, close to what would be expected. 
due to reading errors. 

L A Y E R I ( 0 - 5 KM ) 

IA 

IB 

IC 

ID 

2A 

2B 

2C 

2D 

7.3 

-2.7 

-13.1 

-17.0 

6.5 

7.9 

4.8 

9.5 

3A 

38 

30 

3D 

48 

4C 

4D 

1.9 

3.S 

0.4 

5.9 

-7.6 

- 1 . ! 

-4.9 

LAYER 3 ( I 5 - 2 5 K M ) 

0 0 0 0 0 0 0 0 

0 2M iLi M 0 0 0 0 

i l 1 1 1 1 -1-3 M i M M 0 
-O.T 0.9 2.2 -5.1 -3.8 0.2 \\_ ^ 

-0.4 0.0 -0.6 -5.1 -2.8 0.8 2.3_ O.I 

-0.5 l^_ 0.5 -2.0 -l . l -0.9 .̂%_ J J I 

0 0 _01 -1.2 2.0 0.0 y%_ 0 

0 0 0 1.5 3.4 1.7 0 0 

0 0 0 0 0 0 0 

0 

0 

0 

0 

0 

0 

0 

0 

0 

LAYER 2 ( 5 - I 5 K M ) 

0 0 0 0 0 0 0 0 0 

0 0 0 0 0 0 0 0 0 

0 0 _L7̂  2.5 0.7 21:6̂  ^ M ' ^ 

0 _0J_ 0.7 -1.4 -2.4 -1.7 2.3" 0 0 

0 0 -2.3 -5.1 -4.2 -0.5 3.9 0 0 

0 0 O.I 0.9 1.0 1.8 -_^ 0 0 

0 0 JL7_ 4.0 1.8 0 ^ 0 0 0 

0 0 0 0 0 0 0 0 0 

0 0 0 0 0 0 0 0 0 

LAYER 4 ( 2 5 - 3 5 K M ) 

2.0 0 0 0 0 0 0 0 0 

-0 .3 -0.6 0.0 -O.I -0.6 0.7 0 0 0 

0.6 0 0 0.2 -0.3 3.1 0.4 -5.2 -^ 

0.5 1.6 -0.3 -3.0 -1.4 U_ -^^ ^.^ 

3.3 2.3 -2.8 -4.0 -L6 -0.5 0.6 0.5 

0 ^ -0.9 -3.6 -4.8 -0.2 0.6 ^ 0 

M I L -1-2 -2.0 1.8 4.7 Hy. 0 

0.5 ^01 i M '-2 M O 0 0 

0 0 ( 

10 -
•0.2 

0 

0 

0 

0 0 0 0 

FIG. 6. Results of one inversion of the residual data. Values are the percentage change in velocity for the coiresponding block. Underiined 
values are less well resolved from nearby values. A 0 indicates insufficient data for a value to be calculated. 
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The results (shown in Figure 6) suffer to some degree from the 
necessarily coarse modeling due to the size of the blocks. In 
order to smooth out these effects, we did a second inversion with 
the block boundaries displaced one-half block width diagonally. 
Final values of the velocity changes were then calculated at a grid 
of points using a four-point average. These values are contoured 
jn Figure 7 and will form the basis of the following discussion. 

DISCUSSION OF THE RESULTS 

Considering first the results for layer I (0-5 km depth), it can 
be seen that the basin-and-range stmcture dominates the results. 

A ridge of relatively high velocity is associated with the Mineral 
Mountains, although it is displaced to the west of the crest, per
haps reflecting the presence of the high-velocity metamorphic 
rocks along the westem flank of die range. If these high-velocity 
rocks extend west under the Milford Valley, their effect on the 
results is hidden by that of Ihe low-velocity valley fill which 
reaches a maximum near site ID. These results are in good agree
ment with the refraction and gravity studies discussed previously. 
Simple models based on these studies suggest a velocity contrast 
of about 15 percent between sites in the Milford Valley and the 
Mineral Mountains for a layer 5-km thick, similar to that found 

56-30-

K / N 

A ^ 5 < - A , 

(a) (b) 

(c) (d) 

FlC. 7. Contours of the smoothed velocity changes. For the first layer the contour interval is 2.5 percent; for the others, it is 1.0 percent. 
Triangles represent seismograph sites. The star indicates the location of Roosevelt Hot Springs. The outlined area represents the Mineral 
Mountains, (a) Layer I: 0-5 km; (b) Layer 2: 5-15 km; (c) Layer 3: 15-25 km; (d) Layer 4: 25-35 km. 
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FlG. 8. A highly schematic northwest-southeast cross-section 
through the central Mineral Mountains based on the results shown 
in Figure 7. The vertical exaggeration is 2 :1 . Contours represent 
the percentage of lateral velocity contrast within the layers. 

I SEC 

FIG. 9. An example of the waveform broadening as discussed in 
the text. The solid curve is the signal at site 2A and is similar to'.| 
that at all other sites except, in this case 2C, which is shown by.^ 
the dashed line. The event is at a southwest azimuth (Chile-'l 
Bolivia). For other azimuths other stations exhibit the broadening-^ 
(see text). 

here. To the east, in the area covered by stations 4B, 4C, and 4D, 
the average seismic velocity in this layer is lower than in the 
Mineral Mountains by 5 to 10 percent, reflecting the uncon
solidated sediments in the Beaver Valley (less thick than in Mil
ford Valley) and their extension north under the basalt flows near 
sites 40 and 4D. 

Results for the second layer (5-15 km) are in sharp contrast to 
those above. They indicate a region of relatively low velocity 
(about 5 percent contrast; note the change in contour interval in 
Figure 7) centered near site 2C and also near the area of high heat 
flow associated with the Roosevelt Hot Springs geothermal area. 
This region of low velocity seems to extend west of the Mineral 
Mountains, although this may be due in part to imperfect resolu
tion from the overlying low velocities of the Milford Valley in 
this region. It is important to note here that results such as this 
imply lateral contrasts in velocity and are not the same as the 
regional low-velocity zone inferred from refraction results in this 
depth range. 

The results for the third layer (15-25 km) are similar in exhibit
ing a center of relatively low velocity near site 2C, but this region 
also extends more to the north and south. The results for layer 4 
(25-35 km) in the uppermost mantle are again similar but show a 
shift south from the center of low velocity; the north-south elonga
tion is still present. The velocity contrast in these deeper layers 
is somewhat greater, about 7 percent. 

Overall, the results suggest a pipe-like feature of approximately 
5-7 percent velocity contrast extending from about 5-km depth 
down at least as far as the uppermost mantle, centered near the 
Roosevell Hot Springs geothermal area but extending to the north 
and south at depth. A highly diagrammatic northwest-southeast 
cross-section through Roosevelt Hot Springs is shown in Figure 8. 

To see if this velocity stmcture derived from teleseismic data is 
in accord with data derived from regional earthquakes, the arrival-
time data from a Nevada test site nuclear explosion were examined. 
The significance of this test is that it provides comparison be

tween teleseismic residuals (computed using waves in the fre
quency band of 0.5 to 2 Hz) and residuals associated with higher 
frequencies characteristic of regional events. The event was ap
proximately 310 km west of Roosevelt Hot Springs. Traveltime 
residuals for the explosion were calculated using the initial four-
layer model and compared with those calculated on the basis of 
the final teleseismic inversion model. When this was done, it was 
found that the variance was reduced from 0.029 sec^ (the same as 
for the teleseismic data) to 0.006 sec^, an improvement of about 
79 percent. The improvement in the variance using only the velocity 
stmcture determined for layer I is 68 [jercent. Thus, although the 
near-surface effects are cleariy the most important (as they are 
for the teleseismic data also), the deeper stmcture also has an 
appreciable effect in-reducing-the variance. Still, it is clear that 
given the high accuracy in timing the nuclear blast arrivals (better 
than 0.05 sec), there remains a good deal of unexplained variance. 
Eventually a more detailed study of this event and other regional 
events may refine the rather coarse results obtained here on the 
basis of relatively low-frequency teleseismic data alone and per
haps provide some information on frequency-dependent effects. 

Examination of waveforms of teleseismic signals provides some 
evidence for the presence of a small region of severe attenuation 
within the low-velocity body. As was mentioned above, during 
the process of reading the teleseismic arrival times, instances of: 
significant waveform distortion were observed. These effects are 
very systematic and consistent among events from the same 
azimuth. For events at southeast azimuths, the waveform at sta
tion 2C was significantly broader than at any other station (an 
example is shown in Figure 9). Similarly, for events at southwest 
azimuths, station 3C exhibited waveform broadening while all 
other stations (including 2C) did not. For the nonheast azimuth, 
the timited data indicate broadening at station 28. For the north
west azimuth, however, no station exhibited abnormal broadening. 

We have no detailed explanation for these observations as yet. 
Ray tracing would place the location of the distorting region at a 

IHP 

m 
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depth of about 15 km under the reigibn bounded by the sites 2C, 
3C, and 28, within the region of relatively low velocity but dis
placed from its apparent center. The fact that distortion cKcurs at 
ohly one of many "stations spaced within 10 km of one anolher 
argues that the region causing the distortion is smalt, probably too 
small for the observed broadening to be caused by attenuation 
alone. One possible explanation is the existence of a small (diam
eter about 5-km) region of intense attenuation; diffraction effects 
within the geometrical shadow zone could then explain the ob
served broadening (Matumoto, 1971). Such a region then would 
not produce a significant trayeltime delay. Another possibility is 
a frequency-dependent focusing effect. 

The interpretation of our results in terms of geology is not 
straightforward. Iyer and Stewart (1,977) discussed the possible 
causes of low-veloc ity regions in the crust and up'per maritle. These 
in[:lude lateral variation in itemperature, composition, fabric, and 
the nature of any fluid inclusions (e.g.,'.partial melt), in any com
bination. The recent volcanism certainty indicates that higher-thah 
norma] temf«ratUJEs are to be expected beneath the Mineral Moun
tains. Measurements of the temperature derivative of P-wave 
velocity (for references, see Iyer and Stewart, 1977) indicate that 
'a 5 lo 7 percent decrease in velocity would-require a lemperaiure 
increase of about 6W)°C to 850"C over that of the surraunding 
rocks. Phase diagrams for typical crustal rocks indicate that'this 
would result in some.degFee of melting, especially if the regiorial 
geothermal gradient were initially abnorinatly high. Partial melt
ing itself, however, leads to a much more rapid drop in velocity, 
so that an interpretation in.tenns of high temperatures needs to 
take this faictor into account, too. Although experimental data 
on velocity in partially molten rocks at crustal pressures are 
.scartje, theoretical models are well developed (e.g;, O'Connell 
and, Budiansky, 1977; Mavko, 1980). A 5 to 7 percent reduction 
in P-waVc: velocity (at a frequency of 1 Hz) can be explained by 
a melt fraction of only 1.5 to 4.0 percent' depending upon asr 
sumptions about the pore shapes. This degree of melting would 
require temperatures only slightly above the solidus. 

The possibility of a compositional change as the cause of the 
low-velocity region must be considered given the near-surface' 
petrologic heterogeneity, A 5 to 7 percent lower velocity, for 
typical crustal rocks, would be associated with a density decrease-
ofaboutO. 13-0.17 g/cm^. A body of the shape of the low-veloc ity 
region with an average density coiitrast of 0.10 g/cm^ would pro
duce a brioad grayity anomaly with-a maximum amplitude of only 
at^ut 14 mgal. It would be difficiilt to i^cognize such a loiig-
wavelength.anomaly among'the stronger effects; of (he basin-and-
range stmcture. [There'is, however,.a clear localized gravity low 
of 15-20 mgal in the central Mineral Mpuntains (Carter and 
Cook, 1978) that overlies the- region we have hypothesized is 
causing waveform distortion.] Thus, a low-velocity feature such 
as we have found could represent something like a pipeof relar 
tively low-density intmsive rocks, perhaps associated with the., 
emplacement of the granitic rocks of the Mineral Mountairis them
selves. If so, it would then be puzzling that the extent of the low-
velocity region at shallow depth (layer 2) corresponds npt with 
the ouicroparca of the'granitic rock's but rather more closely with 
areas of tbetrnal .and volcanic activity. 

It is thus our suggestion that the low velocity reflects abnormally 
high temperature, and the presence of a small fraction of'molten' 
rock. However, the ppssibility that it is caused, in partor inwholc; 
by compositipnai changes cannot be ruled but. At midrcmstal 
and lower depths, the postulated molten fraction .would niost likely 
be of basic composition (viz., the Quatemary basic_ emptive, activ
ity on the northeast flank of the Mineral Moiintains),, whereas at 

shallower depths it, would niore likely be acidic and associated 
with the Quatemary rhyolitic activ ity along the crest of-the moun
tains, TTie nature of the small aiiomalous, region under the central 
Mineral Mountains asswiated with the waveform distortion 
remains somewhat of a mystery but it may te a region of more 
intense partial melt. On the bas is, of this model,' the source of heat 
for the Roosevelt Hot Springs geothermal area is the region bf 
partial melt, hydrothemial circulation serving to transport the heat 
to the surface. This model,implies tiiat there is a considerable 
heat reservoir associated with this geothermal area, much more 
than would be expected on the basis of a model involving only 
abnormally deep circulation of fluids along fault zones, a con
clusion similar to that of.Ward et al (1978) based dn heat-flow 
data. An important question that remains is whether or not f«riodic 
recharge ofthe heat supply to shallower depths is required to main
tain long-term, near-surface thermal activity and,> if sb, whether 
or not the region of partial melt would be sufficiently jwrmeabie 
to allow this to occur via upw°aid flow of molten rock. In this re
gard, the small region bf possibly more intense melt-concentration 
may play an important role, 
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Short Note 

A microearthquake survey at the Ngawha geothermal field, 
New Zealand 

Russell Robinson* 

A twenty day microearthquake survey of the Ngawha geo
lhermal field. New Zealand, was undertaken in order to establish 
the level of preproduction seismicity and to test the usefulness 
of such surveys in geothermal exploration. The Ngawha geothermal 
field, in the far northwest of the North Island (Northland) is 
associated with a region of Quatemary basaltic volcanism. It is 
nol a part of the much more extensive Taupo volcanic zone in 
the central North Island, site of the well-known Wairakei geo
lhermal field, among others. Although surface thermal activily at 
Ngawha is limited to a few relatively small hot springs, re
sistivity surveys have outlined a 25-50 km area of hot water at 
the 1-km depth level (Macdonald et al, 1977). Test bores to that 
depth have encountered temperatures of up to 250°C within 
Mesozoic graywacke. Overiying the graywacke is about 500 m 
of Cenozoic claystone and siltstone which forms an impermeable 
cap. 

It is probable that the Ngawha geothermal field will be devel
oped for electric power production. The possibility of future 
.seismicity induced by fluid removal and/or reinjection makes it 
desirable to determine the present rate of local earthquake occur
rence for comparison. Judging from the records of the Ipw-gain 
permanent seismographs in the region and felt reports, earth
quakes of magnitude 3/2 or more are very rare in Northland (Eiby, 
1964). Of the few events located instmmentally in Northland, the 
nearest was 45 km north of Ngawha. However, nothing was 
known previous tp this study about the level of microearthquake 
occuaence in the region. Regarding the Ngawha area in particular, 
the nearest permanent seismograph station is 80 km distant so that 
little could be said about the occurrence of small events there. 

This study was also undertaken in order to test further the utility 
of microearthquake surveys in geothermal exploration. Although 
it is often assumed that geothermal fields exhibit levels of micro-
earthquake activity higher than the regional norm, previous 
studies in New Zealand have shown that this is nol true in the 
Taupo volcanic zone (Evison et al. 1976; Hunt and Latter. 1981). 

A 25-km diameter network of six portable seismographs (Kinc-
metrics models PSI and PSIA) centered on the Ngawha geo
thermal field was operated from March 6 to March 26. 1980 (see 
Hunt and Latter, 1981, for a detailed description of the instm
ments and operating procedures). The gains of the instmments 
(approximately 125,000 at 10 Hz) were such that earthquakes of 

magnitude 0.1 or more within the field would be detected and 
located, as would events of magnitude 1.3 or morc outside the 
field but within 50 km. However, 110 local earthquakes were de
tected, although 4 quarry blasts and 17 teleseisms or regional 
events were well recorded. The quarry blasts provide some in-
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FIG. I. North Island, New Zealand. The Ngawha geothermal area 
is in the far north and is not associated with the well-known Taupo 
volcanic zone (T. V.Z.). 
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fdi-mation on the local velocity .simcturc; more dctjiilcd experi
ments could make good use of future .hliisl.s to study pos'silflc. 
variations of velocity or attenuation a.ssociated with the gco-
thcrttial field. 

The.conclusions of this study arc; 

(i) The present preproduction leve! of microearthquake 
occurrence at Ngawha is nil for magnitudes greater 
Ihan 0.1; 

(2) microearthquake surveys of ^O days duration would 
Have bee 11 of no use in exploration forithis geothermal 
field. 

The proviso is, of course, that earthquake activity at Ngawha is 
not characterized by swarms interspersed with long periods of 
complete quiescence. At present there are no plans for permanent 
microeanhquake surveillance. 
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Seismic wave velocity investigation at The Geysers-Clear Lake 
geothermal field, California 

Harsh K. Gupta*, Ronald W. Ward*, and Tzeu-Lie Lin* 

ABSTRACT 

Analysis of P- and 5-waves from shallow microearth
quakes in the vicinity of The Geysers geothermal area, 
California, recorded by a dense, telemetered seismic array 
operated by the U.S. Geological Survey (USGS) shows 
that these phases are easily recognized and traced on record 
sections to distances of 80 km. Regional average velocities 
for the upfier cmst are estimated to be 5.49 ± 0.07 and 
2.98 ± 0.07 km/sec for P- and S-waves, respectively. 
Poisson's ratio is estimated at 23 locations using Wadati 
diagrams and is found to vary from 0.13 to 0.32. In gen
eral, Ihe Poisson's ratio is found to be lower at the localions 
close to the steam produclion zones at The Geysers and 
Clear Lake volcanic field to the northeast. The low Poisson 
ratio corresponds to a decrease in P-wave velocity in areas 
of high heat flow. The decrease may be caused by fractur
ing of the rock and saturation with gas or steam. 

INTRODUCTION 

The Geysers geothermal area, with current production of 
950 MW, is the largest geothermal power producing installation 
in the world. It is located in northem Caiifomia in Ihe vicinity of 
Ihe Clear Lake volcanic sysiem where igneous activity is believed 
to have occurred in the recent past (Donnelly et al, 1977). The 
eariiest microearthquake investigations at The Geysers geothermal 
area were carried out by Hamilton and Muffler (1972). TTiey 
located 53 microearthquakes within 10 km of The Geysers during 
a three-week period of operation of eight seismograph stations. 
Most of these earthquakes were located in a 4-km long and l-km' 
wide zone passing through the geothermal field with the focal 
depth varying from near-surface to 4 km. Marks et al (1978), usiiig 
the USGS seismic array, identified two clusters of microearth
quakes probably related to two independent pressure sinks result
ing from steam production. They found that the earthquakes at 
The Geysers are confined to depths of less than 5 km, whereas 
earthquakes along Rodgers Creek and Mayacama faults south 
and west of The Geysers occur at depths greater than 5 km. In 
another, more recent seismic study, Bufe et al (1980) deduced 
tectonic stress orientation and the deep pattem of faulting. From 
Ihe spatial distribution of earthquakes and their continuous 

occurrence in The Geysers in contrast to their episodic occurrence 
outside the production zone, Bufe et al (1980) strongly suggest 
lhat The Geysers's seismicity is induced. These observations are 
consistent with the surface deformation (Lofgren, 1978) and 
temporal changes in gravity (Isherwood, 1980) reported for the 
regiori. 

Iyer et al (1979), on the basis of teleseismic delays, inferred 
molten rocks beneath Mount Hannah and a highly fractured 
steam reservoir beneath The Geysers. Ward and Young (1980) 
and Young and Ward (1981) obtained a two-dimensional (2-D) Q 
model of The Gcysers-CIear Lake geolhermal area using attenua
tion data of teleseismic events. They found a zone of high attenua
tion located in the middle cmst centered soulheast of Mount 
Hannah. Majer and McEvilly (1979) obtained a regional upper 
cmstal P-wave traveltime curve extending to a distance of 45 km 
using data recorded from two explosions at several seismic sta
tions operating in the Vidnity of The Geysers-Clear Lake geo
thermal field. However, no 5-wave velocity stmcture has been 
determined for the region. We report here our results of P- and 
5-wave velocity stmcture and estimation of Ihe Poisson ratio 
using microearthquake data recorded by the USGS seismic 
stations. 

THE DATA 

The seismic stations and microearthquakes used in Ihe present 
Study are listed in Tables 1 and 2, respectively, and shown in 
Figure 1. The earthquake magnitude threshold for obtaining a 
hypocenter is approximately M = 1.2, and the location error for a 
blast fired south of plant no. 12 was only 200 m (Marks et al. 
1978). Figure 2 shows a seismogram record section arranged at 
increasing epicentral distances from top to bottom for event no. 5. 
Figure 3, a segment of record section for event no. 6, shows 
5-phases. 

Identification of 5-phases on the vertical component instm
ments requires considerable care to make reliable picks. It is only 
possible by using dense array data and picking the clear 5-phase 
arrivals on Ihe best seismograms. It is then possible to correlate 
ihis arrival with those at other stations. The change in amplitude 
and/or frequency of Ihe arrival aids in making a positive identifi
cation. The consistency of these picks for events wilh nearby 
hypocenters further supports this approach. 
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Station 

1 
2 
3 
4 
5 
6 
7 
8 
9 

10 
11 
12 
13 
14 
15 
16 
17 
18 
19 
20 
21 
22 
23 
24 
25 
26 
27 
28 
29 
30 
31 
32 
33 
34 
35 
36 
37 
38 
39 
40 
41 
42 
43 

GCM 
GSS 
GCV 
GDC 
GML 
GMO 
GHC 
GSM 
GGP 
GHL 
GGL 
GPM 
GBO 
GMK 
GSN 
GHG 
GAX 
GRT 
GBG 
GRM 
GSG 
GAF 
NBR 
NMW 
NWR 
NTM 
NCF 
NLN 
NSH 
NSP 
NNX 
NHM 
NCD 
CDU 
NGV 
CBW 
CAC 
NFR 
NHB 
NMH 
NMT 
CRA 
CNC 

Name 

Cobb Mountain 
Skagg Springs 
Cloverdale 
Dry Creek 
McLaughlin Ranch 
Moffitt Ranch 
House Creek 
Socrates Mine 
Geyser Park 
Highland Springs 
Glenview 
Pine Mountains 
Black Oak 
Mt. Konoctii 
Snow Mountain 
Hog Mountain 
Alexander Valley 
Round Top Mountain 
Boggs 
Round Mountain 
Seigler Mountain 
Pt. Arens A.F.B. 
Beebe Ranch 
Mi Wuk Village 
Wright Ranch 
Taylor Mountain 
Cornfield Road 
Lincoln School 
St. Helena Road 
Sears Point 
Mix Canyon 
Hamilton Ranch 
Cavedale Road 
Duarte Ranch 
Green Valley Ranch 
Brookwood Road 
Antioch 
Fort Ross 
Healdsburg 
Mt. St. Helens 
Middletown 
San Ranion 
Norris Canyon Road 
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Table 1. Station parameters. 

Latitude 

Degrees 

No 
38 
38 
38 
38 
38 
38 
•38 
38 
38 
39 
38 
38 
38 
38 
38 
39 
38 
38 
38 
39 
38 
38 
38 
38 
38 
38 
38 
38 
38 
38 
38 
38 
38 
38 
38 
37 
37 
38 
38 
38 
38 
37 
37 

Minutes 

rth 
48.45 
42.12 
46.14 
46.03 
47.56 
42.61 
36.36 
46,15 
45.88 

2.43 
53.80 
50.85 
49.60 
58.17 
56.43 

7.70 
42.65 
56.32 
48.84 

1.23 
52.30 
53.59 
15.65 
33.03 
27.42 
23.15 
19.28 
9.15 

31.20 
10.96 
24.60 

9.28 
22.19 

1.78 
16.84 
55.45 

Longi 

Degrees 

We 
122 
123 
123 
123 
123 
123 
123 
122 
122 
123 
122 
122 
122 
122 
123 
122 
122 
122 
122 
122 , 
122 
123 
122 
122 
122 
122 
122 
122 
122 
122 
122 
121 
122 
122 
122 
122 

58.57 V 121 
31.36 
35.36 
40.17 
48.34 
46.03 
45.36 

123 
122 
122 
122 
121 
121 

tude 

Minutes 

st 
45.31 

.81 

.89 
14.31 
7.80 
8.59 

11.81 
46.87 
50.65 

1.12 
46.58 
56:78 
50.57 
47.22 
11.50 
49.47 
45.30 
40.18 
40.76 
35.06 
42.58 
32,28 
32.99 
43.37 
53.26 
40.83 
47.73 
42.75 
36.43 
27.20 

3.44 
48.02 
27.70 

.05 
12.89 
6.40 

45.62 
9.66 

54.54 
37.93 
26.76 
56.25 
59.40 

Elevation (m) 

1286 
282 
150 
772 
428 
802 
518 

1017 
1054 
956 
893 
783 
879 
906 
870 
903 
379 
619 

1125 
783 

1080 
710 
137 
134 
50 

105 
98 

120 
328 
88 

177 
65 

620 
168 
257 
221 
74 

528 
165 

1311 
422 
171 
306 

Table 2. Events used in study. 

• ( ' 

Event 
no. 

1 
2 
3 
4 
5 
6 
8 
9 

11 
12 
13 
14 
15 
16 

Origin 
date 

(YYMMDD) 
750701 
750912 
770208 
770303 
770309 
770521 
770817 
770831 
770916 
770918 
770918 
770920 
770923 
771012 

Time 

1444 
1833 
1919 
0153 
1400 
2252 
0337 
0240 
1053 
0044 
0242 
Olio 
1400 
1501 

Epicenter 

Latitude 

NORTH 
38°41.00' 
38°43.80' 
38°56.82' 
38°42.07' 
38°47.39' 
38''45.84' 
38-47.68' 
38°40.87' 
38''39.92' 
38°39.85' 
38°40.00' 
38°47.02' 
38-39.76' 
38-40.60' 

Lorigitude 

EAST 
122-48.80' 
122-39.00' 
122-35.35' 
122-55.40' 
122-58.38' 
122-56.56' 
122°39;00' 
122-54.15' 
122-46.32' 
122-46.30' 
122-46.23' 
122-37.85' 
122-46.27' 

• 122-46.25' 

Focal depth 
(km) 

6.8 
5.0 
4.87 
5.23 
5.3 
5.92 
7.72 
6.06 
5.44 
5.29 
5.24 
7.88 
5.50 
5.18 

Magnitude 

1.1 
l.l 
1.12 
1.27 
1.40 
0.86 
1.05 
1.20 
1.31 
1.00 
1.17 
1,46 
1.24 
1.44 
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FlG. 2. Typical seismogram record section versus distance for event no. 5. 
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FIG, 3; Segment of seismogram record section versus disiance for 
evenf tio. 6,shqwinglhe clarity pf the S-wave arrival. 

REGliJiVAL P- AND 5-WAVE VELOGITIES 

As rriay be noted from Table :1, seisfnic stations used in the 
present study have a considerable variation in their elevations. 
The highest station NMH.(Mount St. Helen) has an elevatipn of 
1311 m; while the lowest,station NWR (Wright Rancli) has. an 
elevation of 50 m. Majer and McEvilly (19,79) eprrected /'-wave 
traveltimes to varipus Stations for elevation with respect to, a 
reference station, using 4.0 km/sec velocity. We investigated the 
effect of using various velocities for elevation correction of both 
jP- and 5-wave traveitimes. After a linear least-squares fit of the 
traveltime residuals, we found that the best results (lowest travel-
time residuals) were obtained when nb elevatipn cprreetibri was 
applied, Bufe (personal cbmmunicatiori) reached, a similar con
clusion. Figures-4 and 5 show P- and S-wave,traveltirries versiis 
distance plots for all the events. Most of the'data; for P-w'aves 

(159 oul pfa total population df 166) and all the data for S-waves 
iie in the epicentral distance range of 6 to 45 km. The average 
velocities for F- and 5-waves, pbtained by linear least-squares 
fit (with focal depth consideratipn in epicentral distance calcula
tions) are 5.49 ± 0.07 and 2.98 ± 0.07 km/sec, respectively. 
Majer and McEvilly's (1979) regional traveltime plot shows a 
break at about 15 km. We. divided our iravtUime data into two 
groups, i.e., for ejjicentral distances less-than 15 km and greaier 
than 15 krri. Linear least-squares fits were.made.to these.twp sets 
of data. As, can be;, rioted in Table 3, for epicentral distances 
greater than 15 km, theerrors are less than 0.10 and 6.12 km/sec 
for P- and S-waves, respectively. The large standard deviations 
of the velocity estimates'for distances less than 15 km indicate 
lateral heterogeneity at shallow depths: 

POISSON'S RATIO 

Poisson's ratio has been estimated at a few geothermal areas. 
Combs and Rpistein (1976) estimated a low Poisson's ratio of 
0,16 at the Goso Geothermal area, China Lake, California, and 
inferred that the shallow subsurface is either deficient in liquid 
water s a tli rati on or, more likely, the void spaces are filled with 
steam. Gupta and Nyman (1.977) estimated Poisson's ratio at the 
East Mesa gepthernnal field, California. Majer and McEvilly 
(1979) reported Poi s so (i's ratio at four seismic stations in The 
Geysers-area varying from 0.15 to 0.27. 

In this study, Roisson's ratio was estimated for a nuinber of 
seismic stations using, multiple evetits as well as at a number of 
hypocenters using multiple "seismic station data. The technique 
used is the construction of a Wadati diagram of S-P traveltimes 
with /"-wave traveltime (e:g., Majer and McEvilly, 1979). In 
Figure 6̂  S-^jntervals are plotted against P-wave u-aveliitne for 
event nb. 5. A straight line is fitted to the data, minimizing the 
square, error. The slope of the line K ~ 1 where K ~ Vp/Vj 
gives Poisson's ratio cr by 
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FlG. 4. P-wave traveltime versus epicentral distance for all events. FiG. 5. 5-wave traveltime vere us epicentral disiance for all events. 
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Table 3. Esti ma les of P- and S-wave velocities at The Geysers-Clear 
Lake geothermal field. 

P-wavc velocities 
(km/scc) 

Total 

5.4945 ± 0.0718 

A <; I5,km 

S.2509 ± 04665 

A > 15ktTi 

5.-3894 ± 0 0973 

Total 

2.9867 ±0.0719 

.S-wave velocities 
(km/sec) 

A < 15km 

3..1542 ±0.3392 

A > !5 kni 

2.9648 ±0,1149 

Note: The entiredata set and-Siibsets of epicehtral disiances-of <15 km 
and > 15 km were used. 

Table 4, Poisson's ratio at various 
(Figure 7). 
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locations at The Geysers 

Location 

GSM 
GBG 
GSG 
GBO 
GCM 
GGP 
GAX 
GSS 
GPM 
GML 
NMH 
NMT 

Poisson's ratio 

0.17 (0.11) 
0.13 (0.32) 
0.13 (0.63) 
0,15 (0.68) 
0.16 (0,25) 
0.27 (-0.1) 
0.27 (-0 .04) 
0.32 (-0.04) 
0.29(0.1-2) 
0,32 
0,30 (-0=003) 
0,22 (0; 12} 

Location 

NSH 
NMW 
NHB 

rio. 4 
no. 5 
no. 6 
no, 9 

no, 11 
no.. 12 
no. 13 
no. 14 
no. 15 
no. 16 

Poisson's ratio 

0,123 
0.32 
0.28 
0,22 
0,30 
.0.24 
0.27 
0.20 
0.28 
0.26 
0.26 
0.32 
0,28 

(-0.06) 
(0.00) 
(-0.06) 

I 

Note: The'valueswithin parentheses are average U-aveltime residuals cal-
culaieil by Iyer etal (.1979)1 

/ j - ^ - 2 

"̂  ~ 2(r - if-
From Figure 6, K is found to be 1.8685^ and Poisson's ratio is 
estimated to be 0.29 from 19 samples^ wilh a goodness of fit of 
6.947 and correlation coefficient of 0:973:. Poisson's ratio is also 
estimated using the slope of a linear least-squares error fit of 
P- and S-wave traveltime data. Our results are giveri in Table 4, 
and the Ib'catidns of Poisson's ratio estimates are showri in Fig
ure 7. In general, Poissbn's ratio is found tb be Icwet at lhe 
locations;close to the steam production zones at The Geysers 
and beneath the Clear Lake vblcanic field to the.northeast. Spe^ 
cifically, the Mercuryville fault'separates the zone of low Poisson's 

ratio to the nbrtheast side from the. nofmal zone on the southwest 
side of the fault. 

CONCLUSIONS 

Several interesting and important features of P- and S-wave 
travehimes iri (he vicinity of TTie Geys'ers'are presented-here. The 
regional P-wave velocity repprted here: (5,49 i 0^07 km/sec) 
is Higher than 5.04 km/sec reported by Majer and McEvilly 
(1979). The S-wave velocity for the regipn, reported for the 
•first time, is ,2.98^,±• 0.07 km/sec. We used a set of well-
distributed earthquakes for these velocity estimates. Poisson's 
ratios were estiraated at 23 locations and found to, vary from 
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FIG. 6. Wadati diagram of S-P traveliime difference versus P-wave 
trayeltime, for event nb. 5. 

FIG, 7. Mapshqwing Ppisson'sratio estimates at seismic stations 
and epicenters in'The.Geysers/Glear Lake region. 
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0.13 to 0.32. Poisson's ratios at locations GBO, GSM, GCM, 
GSG, and GBG are low (less than 0.2), while at other locations 
they ire normal (larger than 0.2). The low Poisson's .ratios 
appear to be associated with zones of steam production. The 
Mercuryville fault appears to limit the boundary of the steam 
reservoir on the sputhwest. It is interesting to note that seismic 
stations havirtg low Poissoti's-ratio are associated, in general, 
with large teleseismic P-wave delays, aS: refxirted by Iyer et al 
(1979), while stations with normal Poisspn's ratios dp ndt show 
signi iitant delays (Table 4), This implies that a local decrease 
in P-velqcity is probably responsible for the-observed decrease 
in the Poisson's ratio. 

A decrease in P-wave velocity with constant 5-wave velocity 
results from a change in the compressibility of the; rock: Itilense 
fracturing of the- upper crust io areas of high heat flow is a 
plausible tixplanation based upon analysis of these data. The 
recording of three-co mpo nent, more densely spaced arrays may 
corroborate, this preliminary interpfetatibn of the variation of 
Poissbn's ratio. 
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